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[1] The electrical conductivity of mantle minerals is highly sensitive to parameters that
characterize the structure and state of the lithosphere and sublithospheric mantle, and
mapping its lateral and vertical variations gives insights into formation and deformation
processes. We review state‐of‐the‐art conductivity models based on laboratory studies for
the most relevant upper mantle minerals and define a bulk conductivity model for the
upper mantle that accounts for temperature, pressure, and compositional variations. The
bulk electrical conductivity model has been integrated into the software package LitMod,
which allows for petrological and geophysical modeling of the lithosphere and
sublithospheric upper mantle within an internally consistent thermodynamic‐geophysical
framework. We apply our methodology to model the upper mantle thermal structure and
hydrous state of the western block of the Archean Kaapvaal Craton and the Proterozoic
Rehoboth Terrane, in southern Africa, integrating different geophysical and
petrological observables: namely, elevation, surface heat flow, and magnetotelluric
and xenolith data. We find that to fit the measured magnetotelluric responses in both
the Kaapvaal and Rehoboth terranes, the uppermost depleted part of the lithosphere
has to be wetter than the lowermost melt‐metasomatized and refertilized lithospheric
mantle. We estimate present‐day thermal lithosphere‐asthenosphere boundary (LAB)
depths of 230–260 and 150 ± 10 km for the western block of the Kaapvaal and Rehoboth
terranes, respectively. For the Kaapvaal, the depth of the present‐day thermal LAB
differs significantly from the chemical LAB, as defined by the base of a depleted mantle,
which might represent an upper level of melt percolation and accumulation within the
lower lithosphere.
Citation: Fullea, J., M. R. Muller, and A. G. Jones (2011), Electrical conductivity of continental lithospheric mantle from
integrated geophysical and petrological modeling: Application to the Kaapvaal Craton and Rehoboth Terrane, southern Africa,
J. Geophys. Res., 116, B10202, doi:10.1029/2011JB008544.
1. Introduction
[2] The electrical conductivity of a material, s (S/m), or
its inverse, electrical resistivity, r (Wm), is a measure of the
medium’s ability to conduct an electric current. The elec-
trical conductivity of mantle minerals is sensitive to tem-
perature and compositional variation [e.g., Jones et al.,
2009a] and, hence, has been used in attempts to character-
ize lithospheric and mantle structures. The major upper
mantle mineral phases (e.g., olivine, pyroxenes, and garnet)
exhibit insulator‐like electrical behavior at low tempera-
tures. However, at the temperatures prevalent in the upper
mantle (i.e., 500°C < T < 1520°C), the electrical conduc-
tivity of the mantle minerals can be adequately described as
an activated process, or processes, in a semiconductor and,
therefore, characterized by an Arrhenius‐type power law:
 ¼ 0 exp DHkBT
 
; ð1Þ
where s0 (S/m) is a preexponential term, DH (eV) the
activation enthalpy, T (K) is the temperature, and kB (eV/K)
is Boltzmann’s constant. The activation enthalpy comprises
the activation energy, DU (eV), and an additional term that
accounts for the pressure dependence:
DH ¼ DU þ PDV ; ð2Þ
where DV (cm3/mol) is the activation volume and P (GPa)
is the pressure. The conduction mechanism in this temper-
ature range changes at around 1300°C–1500°C from small
polaron (electron hopping between ferric Fe3+ and ferrous
Fe2+ ions) at T < 1300°C, to ionic conduction (charge car-
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riers are magnesium vacancies) [e.g., Schock et al., 1989;
Yoshino et al., 2008a]. In the case of the small polaron
mechanism the activation enthalpies are around 1.6 eV,
whereas for ionic conduction, values of >2 eV are typically
expected [e.g., Yoshino et al., 2008a, 2009; Farla et al.,
2010].
[3] As expressed by equation (1), electrical conductivity is
governed, to first order, by temperature variation. However,
there are other variables (i.e., composition, partial melt and/
or water content in the solid phase and the melt) that affect
electrical conductivity to lesser or greater extent. It is well
known that chemical substitution of magnesium by iron in
the dodecahedral site of silicate minerals, without changes in
the lattice symmetry, increases electrical conductivity [e.g.,
Hinze et al., 1981; Seifert et al., 1982; Omura et al., 1989;
Romano et al., 2006]. The amount of iron, either for the
whole rock or for the individual mineral constituents, is
usually described by the magnesium number, Mg # = Mg/
(Mg + Fe), or its converse, the iron content, XFe = 1 −Mg #/
100, where Mg and Fe refer to the molar concentrations of
those elements. Another factor that can potentially enhance
electrical conductivity is the presence of an interconnected
melt fluid in the lithospheric or sublithospheric mantle,
either a silicate melt [e.g., Tyburczy and Waff, 1983;
Toffelmier and Tyburczy, 2007; Pommier et al., 2008] or a
carbonatite melt [Gaillard et al., 2008]. The connectivity of
carbonatite melt is larger than that of silicate melt [e.g.,
Hammouda and Laporte, 2000]. Laboratory studies suggest
that the connectivity of basaltic melt can be significantly
enhanced by anastomosing networks produced by stress‐
driven melt segregation [Holtzman et al., 2003]. The exis-
tence of such a molten phase in the upper mantle depends on
the solidus, which, in turns, can be significantly modified by
the presence of volatiles (e.g., water, CO2). Since Karato
[1990] first proposed that the presence of even small
amounts of water (protons bound to structural oxygen atoms
at the ppm level) in the nominally anhydrous minerals (e.g.,
olivine and its high‐pressure polymorphs, pyroxenes and
garnet) could significantly increase mineral conductivity,
several laboratory studies have been carried out to investigate
and quantify the electrical behavior of hydrogen‐bearing
nominally anhydrous minerals [e.g., Wang et al., 2006;
Yoshino et al., 2009]. The results of these experiments are
controversial [see Karato and Dai, 2009; Yoshino, 2010] yet
convergent in their conclusion that at high pressure, dissolved
water considerably enhances electrical conductivity of nom-
inally anhydrous minerals.
[4] The presence of dissolved water is also a potential
source of significant and observable electrical anisotropy.
Dry olivine single crystals are only weakly anisotropic [e.g.,
Du Frane et al., 2005], but the presence of water can
increase anisotropy by as much as 1 order of magnitude for
1000 wt ppm according to laboratory results [Poe et al.,
2010]. If proton conduction in olivine single crystals is
adequately described by the Nernst‐Einstein equation, then
the conductivity should be proportional to the diffusivity of
protons in olivine. The diffusion of protons in the olivine
lattice is a process dominated by the interaction of protons
with polarons at temperatures <900°C, and by the proton‐
metal vacancy interaction at temperatures >900°C [e.g.,
Kohlstedt and Mackwell, 1998; Demouchy and Mackwell,
2006]. Both the low‐ and high‐temperature diffusion
regimes are strongly anisotropic, but in both regimes the fast
diffusion axis seems to be at odds with the high electrical
conductivity axis in olivine observed in the most recent and
detailed laboratory measurements at pressure above 6 GPa
[Poe et al., 2010]. Moreover, macroscopic anisotropy in
olivine (or other mineral phase) aggregates requires signif-
icant alignment of the single crystals, i.e., crystal or shape
preferred orientation produced by dislocation creep mantle
deformation [e.g., Gatzemeier and Tommasi, 2006].
[5] The bulk or whole rock conductivity is a function of
the individual contribution of its mineral constituents. There
are several mixing theories that can be used to determine the
conductivity of the mineral assemblage in the lithospheric
mantle according to the mineral abundances and their geo-
metrical distribution [e.g., Xu et al., 2000; Ledo and Jones,
2005; Jones et al., 2009a]. As the textural information in
natural mantle rocks is only scarcely and inadequately
sampled (xenoliths and peridotite massifs) and remains
poorly known, in this work we adopt solutions that invoke
no assumptions regarding the phase geometry: the series and
parallel solutions [e.g., Xu et al., 2000] and the Hashin‐
Shtrikman bounds [e.g., Ledo and Jones, 2005; Jones et al.,
2009a].
[6] The magnetotelluric (MT) method is a natural source
electromagnetic method used to image the Earth from the
near surface (100 m) to deep within the mantle (>1000 km).
It is based on the relation between the temporal variations of
the Earth’s electric and magnetic fields, and its subsurface
electrical resistivity structure [e.g., Jones, 1999]. The
objective of MT modeling is to obtain the conductivity‐
resistivity distribution laterally and with depth by the
inversion of the complex frequency‐dependent impedance
tensor responses that are usually displayed as apparent
resistivities and phases. A common caveat associated with
most MT inversions is that while they predict perfectly valid
models, these models are not necessarily directly related to
real, or what we can estimate as real, petrophysical condi-
tions inside the Earth because of resolution issues. For
example, although for a one‐dimensional (1‐D) Earth there
exists a uniqueness theorem for perfect data at all frequen-
cies [Bailey, 1970], data insufficiency and inaccuracy lead
to highly nonlinear resolution of model parameters. Partic-
ularly, the true resistivity of a resistive layer or region
beneath a more conducting one is very difficult to resolve
because of the screening effect of the upper layer. Thus,
only a lower bound on the resistivity of the mantle directly
below the crust can usually be set [Jones, 1999]. Therefore,
the link between the inferred conductivity models and other
fundamental variables, such as temperature, pressure or
composition (i.e., iron and water content), which, according
to laboratory studies, fully characterize the electrical con-
ductivity, is often missed.
[7] In this work we propose a more petrophysically driven
approach to modeling MT data based on the approach
governing the software package LitMod [Fullea et al.,
2009]. This software combines petrological and geophysi-
cal modeling of the lithosphere and sublithospheric upper
mantle within an internally consistent thermodynamic‐
geophysical framework, where all relevant mantle proper-
ties (e.g., density and seismic velocities) are functions of
temperature, pressure and composition. In the first part of the
paper we review state‐of‐the‐art electrical conductivity
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models based on laboratory studies for the predominant
upper mantle minerals and define a bulk resistivity model
dependent on temperature, pressure and composition (i.e.,
mineral percentages, iron and water content). In the second
part we study the upper mantle structure of two Precambrian
regions in southern Africa: the Archean Kaapvaal Craton and
the Proterozoic Rehoboth Terrane. We generate self‐
consistent lithospheric/sublithospheric mantle models of the
two domains that simultaneously fit a suite of geophysical
and petrological observables: namely, elevation, surface
heat flow (SHF), MT, and xenolith data.
2. The Electrical Conductivity of Mantle Minerals
[8] In this study we use the software package LitMod to
define realistic temperature and pressure distributions within
the upper mantle, and to characterize the mineral assem-
blages given the bulk chemical compositions. Geotherms are
computed under the assumption of steady state in the litho-
spheric mantle, considering a P‐T‐dependent thermal con-
ductivity [see Fullea et al., 2009, Appendix A1]. In the
sublithospheric mantle an adiabatic thermal gradient is
assumed, and between the lithosphere and sublithospheric
mantle we assume a 50 km thick “transition” region with a
continuous linear superadiabatic gradient (i.e., heat transfer
is controlled by both conduction and convection [see Fullea
et al., 2009, Appendix A2]. The pressure‐density coupling is
solved with a full iterative scheme [see Fullea et al., 2009,
section 2.3]. In the mantle, stable mineral assemblages are
computed according to a Gibbs free energy minimization
strategy for one or more zones or layers, each of which is
defined in terms of its major element composition in the
system Na2O‐TiO2‐FeO‐CaO‐MgO‐Al2O3‐SiO2 [Connolly,
2005; Afonso et al., 2008]. In this way, bulk rock properties,
such as density and seismic velocity, are determined con-
sistently within the mantle using an appropriate averaging of
the mineral phase constituent’s contribution. All the stable
assemblages in this study are computed using a modified‐
augmented version of Holland and Powell’s [1998] ther-
modynamic database. In particular, a solid solution model
for the solubility of pyroxenes into garnet and the high‐
pressure monoclinic polymorph of orthopyroxene with C2/c
symmetry were added [see Afonso and Zlotnik, 2011,
Appendix A6].
[9] Careful and controlled laboratory studies at the tem-
peratures and pressures relevant to the upper mantle are
essential to understand the electrical behavior of the mantle
mineral constituents in situ. Such measurements have been
taking place since the 1960s; see the review of early work
by Duba [1976] and other reviews over the last 30 years
by Hinze [1982], Laštovičková [1983, 1991], Nover [2005],
and Yoshino [2010]. In recent years, considerable effort has
been expended in designing suitable experiments to measure
the electrical properties of many of the mantle minerals
under various conditions [e.g., Wang et al., 2006; Dai and
Karato, 2009a; Yoshino et al., 2009]. In this section we
review the state‐of‐the‐art conductivity models for olivine,
pyroxenes and garnet, as the most representative minerals
in the mantle down to the 410 km discontinuity [e.g.,
Ringwood, 1975; Irifune and Ringwood, 1987]. Both elec-
trical conductivity and its inverse, electrical resistivity, are
referred to in the literature, with an emphasis on the former
in laboratory measurements. Conversely, most electromag-
netic (EM) surveys, particularly MT, report resistivity to
avoid the small fraction conductivity values. Both repre-
sentations are equivalent and we will employ them inter-
changeably throughout this paper.
[10] In order to compare meaningfully different labora-
tory‐derived conductivity formulations at relevant conditions
(i.e., temperature, pressure and composition) we assume a
continental lithosphere characterized by crustal and litho-
spheric thicknesses of 43 and 180 km, respectively (called
the reference lithospheric column hereafter) (Figure 1). We
impose a realistic chemical layering in the lithospheric
mantle to illustrate the influence of compositional variations
in conductivity: an upper mantle layer, i.e., z < 120 km and
Mg # = 92.2, is relatively depleted with respect to a lower
more fertile one, i.e., 120 < z < 180 km and Mg # = 90.5, and
to the sublithospheric mantle, i.e., z > 180 km and Mg # =
89.3 (see Table 1). The associated temperature, mineral
assemblage, and iron content distributions with depth are
shown in Figure 1.
2.1. Olivine
[11] Olivine is by far the most abundant mineral constit-
uent of the upper mantle down to the 410 km discontinuity
(Figure 1d) and, therefore, its conductivity has been exten-
sively studied as representative of the bulk lithospheric
mantle conductivity [see Jones et al., 2009a, and references
therein].
[12] One of the most robust attempts to provide an accu-
rate description of the olivine electrical conductivity as a
function of iron content is the work by Hirsch et al. [1993].
Electrical conductivity of a synthetic dry single olivine
crystal was measured in the temperature range 1150°C–
1300°C ([100] axis) under controlled thermodynamic con-
ditions and for a variety of iron contents (XFe = 0.09–0.34).
The following relation was derived for olivine conductivity:
 ¼ 0X
1:81
Fe
T
exp
Ea
kBT
 
; ð3Þ
where s0 = 10
6.54 (S K/m) and Ea = 1.35 eV [Hirsch et al.,
1993]. Iron content dependence is only present in the pre-
exponential factor and is absent in the activation energy
(equation (3)). The rationale for the latter, according to the
authors, is that the activation energy is dominated by the
effective activation energy for charge carriers (polarons) that
were not reported to be XFe dependent at the experimental
conditions studied [Hirsch et al., 1993].
[13] Another widely used reference is the SO2 model for
olivine conductivity [Constable et al., 1992]. In this model
the geometric average of the conductivity along the three
crystallographic directions in a dry single olivine crystal is
given by the sum of two thermally activated processes with
their corresponding activation energies:
SO2 ¼ 01 exp Ea1kBT
 
þ 02 exp Ea2kBT
 
; ð4Þ
where s01 = 10
2.402 S/m, Ea1 = 1.6 eV, s02 = 10
9.17 S/m, and
Ea2 = 4.25 eV. An improved version of this model, partic-
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ularly in the temperature range of 1300°C–1500°C (i.e., in
the sublithospheric mantle) is the SEO3 reference model
[Constable, 2006]. This latter publication integrated ther-
mopower and conductivity data from a dunite rock that
included small amounts of pyroxene. The main advantage of
SEO3 with respect to SO2 is the natural averaging over the
three olivine axes, and the natural buffer for silicon. The
model also includes an improved description of the high‐
temperature conduction mechanisms for magnesium vacan-
cies [Constable, 2006]. Reordering the different terms in
SEO3, the dry olivine conductivity is described by:
SEO3 ¼ 01 exp Ea1kBT
 
þ 02 exp Ea2kBT
 
þ A1 exp Ea3kBT
 
þ A2 exp Ea4kBT
  
fO1=62 ; ð5Þ
where s01 = 10
0.995 S/m, Ea1 = 1.407 eV, s02 = 10
2.601 S/m,
Ea2 = 1.842 eV, A1 = 10
0.814 S/(m Pa1/6), Ea3 = 1.07 eV, A2 =
106.733 S/(m Pa1/6) and Ea4 = 2.92 eV. Another difference
with respect to the previous SO2 model is the inclusion of
oxygen fugacity dependence (third term in equation (5)). The
oxygen fugacity, fO2 (Pa), constrains the redox state in the
mantle and, therefore, the density of polarons. In general it is
assumed that under upper mantle conditions the oxygen
fugacity, which depends mainly on temperature, is close to
the QFM (quartz‐fayalite‐magnetite) buffer. A different
fugacity dependence, fO2 to the power 2/11, was reported
by Du Frane et al. [2005] on the basis of electrical conduc-
tivity measurements of a single crystal of San Carlos olivine
(XFe = 0.1) over oxygen fugacities in the range 10
−7 Pa <
fO2 < 10
1 Pa and T = 1100°C–1300°C. The geometrical
mean of the conductivity along the three crystallographic
axes according to Du Frane et al. [2005] is
GMDF ¼ 2:51fO2=112 þ 0:0653
 
exp
E
kBT
 
; ð6Þ
where f O2 is in atm and E = 0.531 eV [Du Frane et al.,
2005]. The experimental study of Du Frane et al. [2005]
was performed using iron‐doped Pt electrodes to avoid
iron loss from the sample to the electrodes which would
result in a decrease of the polaron population. These authors
claim that the effect of iron loss in previous observations
Table 1. Bulk Mantle Compositions Used in This Study
Average
Kaapvaal
Harzburgite
(wt %)
Average
Kaapvaal
Low‐T
Lherzolite
(wt %)
Average
Kaapvaal
High‐T
Lherzolite
(wt %)
PUM
M‐S95
(wt %)a
SiO2 45.9 46.5 44.4 45.0
TiO2 0.05 0.05 0.17 0.20
Al2O3 1.30 1.40 1.75 4.50
Cr2O3 0.34 0.34 0.30 0.38
FeO 6.00 6.60 8.10 8.10
MnO 0.10 0.10 0.12 0.14
MgO 45.5 43.8 43.4 37.8
CaO 0.50 0.86 1.27 3.60
Na2O 0.07 0.10 0.12 0.36
NiO 0.28 0.29 0.26 0.25
Mg # 93.1 92.2 90.5 89.3
Cr/(Cr + Al) 0.27 0.14 0.10 0.05
aPUM stands for primitive upper mantle; M‐S95 refers to McDonough
and Sun [1995].
Figure 1. (a) Reference lithospheric structure assumed to compare the electrical conductivity of mantle
minerals according to different experimental results (see the text for further details). The associated
(b) temperature, (c) iron content, and (d) mineral assemblage distributions are determined using the
software LitMod [Fullea et al., 2009].
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could underestimate the measured conductivity by up to
0.15 log units.
[14] The conductivity of mantle‐derived San Carlos oliv-
ine was also measured in the temperature range 1000°C–
1400°C for sublithospheric mantle pressures (4–10 GPa) by
Xu et al. [2000], who added 5 wt % opx to the sample in
order to buffer silica activity. The conductivity of the sample
analyzed by Xu et al. [2000], which was dry and represen-
tative of a bulk Mg # around 90 (i.e., XFe = 0.1), fitted
equation (1) with the following parameters: s0 = 10
2.69 S/m,
DU = 1.62 eV andDV = 0.68 cm3/mol. A more recent study
by the same group on dry San Carlos polycrystalline olivine
buffered by 2% opx determined very similar values (at T =
600°C–1000°C and P = 4 GPa) for the conductivity of dry
samples [Wang et al., 2006]. These authors also reported a
significant increase in conductivity if hydrogen was dis-
solved in the lattice, proposing the following formulation:
 ¼ 0 exp DHkBT
 
þ ACrw exp
DHwet
kBT
 
; ð7Þ
where s0 = 10
2.4 S/m, DH = 1.6 eV, A = 103 S/m, DHwet =
0.9 eV, Cw (wt %) is the water content, and r = 0.62. Neither
pressure nor water content dependence was reported for the
activation enthalpies in equation (7) [Wang et al., 2006].
[15] On the basis of the measurements of olivine con-
ductivity for different iron contents by Hinze et al. [1981],
Vacher and Verhoeven [2007] revisited the conductivity
model of Xu et al. [2000], proposing a new parameterization
of the iron content:
 ¼ 0 XFeXFe ref
 
exp
 DHref þ  XFe  XFe ref½ 
 	
kBT
 
; ð8Þ
where s0 = 10
2.69, XFe ref = 0.1, DHref = 1.62 eV, and a =
2.42 and b = −0.48 are two parameters that control the
power law and linear iron content dependence of the pre-
exponential term and the activation energy, respectively.
Both parameters a and b are calculated by Vacher and
Verhoeven [2007] using the data of Xu et al. [2000] at
XFe = 0.1 as a benchmark or reference value.
[16] A recent laboratory study on San Carlos olivine
aggregates (Mg # = 92.5) identified three different con-
duction mechanisms according to the temperature [Yoshino
et al., 2009]:
 ¼ 0i exp DHikBT
 
þ 0h exp DHhkBT
 
þ 0pCw exp
 DH0  C1=3w
 	
kBT
 !
; ð9Þ
where s0i = 10
4.73 S/m, DHi = 2.31 eV, s0h = 10
2.98 S/m,
DHh = 1.71 eV, s0p = 10
1.9 S/m, DH0 = 0.92 eV, and a =
0.16 [Yoshino et al., 2009]. The first term in equation (9)
represents ionic conduction (T > 1430°C), the second term
is for small polaron conduction (730°C < T < 1430°C), and
the third term is for proton conduction (T < 730°C). A water
content–dependent activation enthalpy for the proton con-
duction term (equation (9)) was similarly suggested by Poe
et al. [2010]. These authors studied the electrical conduc-
tivity of single‐crystal San Carlos olivine (Mg # = 90) at
8 GPa and T < 700°C for a variety of water contents and
concluded that for elevated concentrations of dissolved
water (i.e., hundreds of weight parts per million H2O, wt
ppm) the conductivity along the [010] axis is about an order
of magnitude higher than along the [001] axis. This repre-
sents a stronger water content dependence than that sug-
gested by Yoshino et al. [2009], at least for elevated water
contents, with the greatest effect being along the [010]
b axis of olivine rather than the [100] a axis. More specif-
ically, Poe et al. [2010] fit the third term of equation (9) with
the following values for each crystallographic direction:
s0p[100] = 10
2.57 S/m, s0p[010] = 10
3.46 S/m, s0p[001] =
101.02 S/m, DH0[100] = 1.26 eV,DH0[010] = 1.5 eV,DH0[001] =
0.81 eV and a[100] = 1.18, a[010] = 1.43, a[001] = 0.7.
[17] In order to make a meaningful comparison, we cal-
culate isotropic conductivities according to the laboratory
studies reviewed above assuming the geotherm, pressure,
and olivine iron content distributions of our reference lith-
ospheric column as shown in Figure 1. The olivine con-
ductivities under dry conditions for the different models
introduced in this section are plotted in Figure 2a. With the
exception of the model of Du Frane et al. [2005], the
maximum difference between the models is around 1.36 log
units at the base of the crust (assumed to be the Moho), T =
495°C. The most resistive model down to 160 km depth (T =
1190°C) is SE03 [Constable, 2006] (equation (5)), whereas
at greater depths it is the SO2 model [Constable et al., 1992].
Above T = 1000°C the model of Du Frane et al. [2005] is
far more conductive than the rest of the models (up to 2.1–
3.5 log units at the Moho). Du Frane et al. [2005] attribute
this behavior to the elevated value of the iron defect con-
centration. In the temperature range 1480°C > T > 1000°C,
i.e., the lithosphere‐asthenosphere transition zone, the most
conductive model is that of Vacher and Verhoeven [2007].
[18] A common characteristic in all the conductivity
models is that the leading variable is temperature. As a
consequence, the strongest variations in electrical conduc-
tivity occur in the lithosphere (i.e., the thermally conductive
domain) where temperature increases from 495°C at the
base of the crust to 1315°C at the lithosphere‐asthenosphere
boundary (LAB) (Figure 1b). Logarithmic resistivities
(log10(r [Wm])) within the lithosphere range from 6.76 to
8.20 at the Moho (4.66 for the Du Frane et al. [2005]
model) to 1.78–2.67 at the LAB, a change of 5 orders of
magnitude or more for a change of 820°C in temperature,
making conductivity the most sensitive physical parameter
to temperature variation. From the LAB downward (i.e., in
the sublithospheric mantle) the thermal regime transitions to
an adiabatic gradient, and temperature increase with depth is
at a far lower gradient than in the lithosphere. Therefore, the
log10(r) values decrease more slowly in the sublithospheric
mantle than in the lithosphere for all the models (Figure 2a).
The maximum decrease of olivine resistivity in the sub-
lithospheric mantle corresponds to models that include an
ionic conduction term (i.e., Mg vacancies) for high tem-
peratures: SE03 [Constable, 2006] and the model of Yoshino
et al. [2009], amounting to a 0.99 and 0.68 decrease in
log10(r), respectively, between the LAB and the 410 km
discontinuity. Models assuming conduction only due to
small polarons [e.g., Wang et al., 2006] or based on single‐
crystal olivine measurements lacking a pyroxene buffer
(SO2 [Constable et al., 1992] and the model of Du Frane
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et al. [2005]) show a decrease of resistivity of lesser extent,
namely, 0.40–0.61 log units. A further implication of the
reduced thermal gradient in the sublithospheric mantle is that
the effect of pressure, via the activation volume, is not
negligible. In particular, the model of Wang et al. [2006]
predicts a decrease in log10(r) of 0.35 if an activation
volume of 0.68 cm3/mol is assumed [Xu et al., 2000] and
of 0.52 if the pressure effect is ignored. Therefore, in the
sublithospheric mantle the effect of pressure in olivine con-
ductivity via the activation volume [Xu et al., 2000] is of the
same order of magnitude but is opposite in sense, compared
with the ionic conduction term [e.g., Yoshino et al., 2009].
Regarding the absolute values, the models based on single‐
crystal measurements (Hirsch et al. [1993], SO2 [Constable
et al., 1992], and Du Frane et al. [2005] models) tend to
predict a more resistive sublithospheric mantle (T > 1315°C)
than those including a pyroxene buffer (SE03 [Constable,
2006], Yoshino et al. [2009], and Vacher and Verhoeven
[2007] models). For instance, at the bottom of the model
(i.e., 400 km depth and T = 1510°C) the first group of
models shows a resistivity of ∼100 Wm, compared with
around 25 Wm for the second group (Figure 2a).
[19] The iron partitioning in the different minerals for our
reference lithospheric column is shown in Figure 1c. For
olivine, XFe ranges between 0.13 and 0.18 with dis-
continuities (DXFe = 0.023–0.01) at the boundaries between
the mantle layers with different compositions (see Table 1).
The maximum XFe for olivine is present in the uppermost
sublithospheric mantle, in the vicinity of the LAB. From the
LAB to the bottom of the model (400 km) XFe decreases by
almost one quarter. Olivine resistivity dependence on iron
content (i.e., composition) is a second‐order factor in com-
parison with temperature: the changes in log10(r) in the
lithosphere due to DXFe are 0.1–0.2 for those models that
include XFe dependence [Hirsch et al., 1993; Vacher and
Verhoeven, 2007]. As an additional check on the conductiv-
ity dependence on XFe we fit the activation enthalpy obtained
byOmura et al. [1989] for olivine with different iron contents
to a third‐order polynomial on XFe: DH(XFe) = a + b XFe +
c XFe
2 + d XFe
3 (Figure 3 and Table 2). A modified version of
Wang et al.’s [2006] model, in which the XFe‐dependent
activation enthalpy derived from Omura et al.’s [1989] data
has been incorporated, shows small differences in the lith-
osphere with respect to the alternative parameterizations of
iron content (Figure 2a). The log10(r) variation with XFe in
Figure 2. Comparison of different laboratory results for the electrical resistivity of (a) olivine, (b) pyr-
oxenes, and (c) garnet under dry conditions (see the text for further details). Temperature, pressure, and
iron content are taken from the reference lithospheric column of Figure 1. The single asterisk (*) indicates
a modified version of the olivine resistivity model of Wang et al. [2006] to include an iron content‐
dependent activation enthalpy based on the measurements made by Omura et al. [1989] (see Figure 3).
The double asterisks (**) indicate modified versions of Dai and Karato’s [2009b] and Xu and
Shankland’s [1999] models for orthopyroxene and clinopyroxene, respectively, integrating the activa-
tion enthalpy as a function of iron content (after Seifert et al. [1982]; see Figure 3). The triple asterisk
(***) indicates a modified version of Dai and Karato’s [2009b] garnet resistivity model including
measurements for the activation enthalpy as a function of iron content (after Romano et al. [2006]; see
Figure 3).
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the lithosphere in the modified Wang et al. [2006] model is
almost equal to that predicted by Hirsch et al. [1993] and is
0.12 log units lower than that of Vacher and Verhoeven
[2007].
2.2. Pyroxenes
[20] The orthopyroxene phase (opx) in mantle peridotites
is volumetrically important in the lithospheric mantle, par-
ticularly for relatively depleted compositions (typically
20%–35% volume fraction; see Figure 1d), whereas clin-
opyroxene (cpx) is rare to absent (0%–5% volume fraction)
in the lithospheric mantle and relatively more abundant in
the sublithospheric mantle (10%–15% volume fraction).
Opx starts to dissolve into garnet in the sublithospheric
mantle. At pressures around 10 GPa, opx is transformed into
its high‐pressure polymorph clinopyroxene with C2/c
symmetry (C2/c cpx), which is almost totally dissolved into
garnet at depths >330 km.
[21] The electrical conductivity of dry opx and cpx (Mg # =
92) were determined under controlled thermodynamic con-
ditions using impedance spectroscopy in the temperature
range of 1000°C–1400°C by Xu and Shankland [1999].
These authors fitted equation (1) with the following para-
meters: s0 = 10
3.72 S/m, DH = 1.8 eV for opx and s0 =
103.25 S/m, DH = 1.87 eV for cpx. A more recent laboratory
study on opx single‐crystal conductivity (XFe = 0.14–0.18)
in the temperature range 600°C–1200°C also included the
effect of water content [Dai and Karato, 2009b]. According
to this more recent study, opx conductivity is weakly
anisotropic and can be fit by equation (6) with the following
parameters: s0 = 10
2.4 S/m, DH = 1.52 eV, A = 102.6 S/m,
DHwet = 0.85 eV, and r = 0.62. The iron content dependence
of the conductivity of pyroxenes was studied by Seifert et al.
[1982] under defined thermodynamic conditions at P = 1–
2 GPa, and T = 500°C–1000°C. These data were used by
Vacher and Verhoeven [2007], who assumed the opx con-
ductivity model by Xu and Shankland [1999] at XFe = 0.1 as
a reference, to fit equation (8) with the following parameters:
s0 = 10
3.66 S/m, XFe ref = 0.1, DHref = 1.79 eV, a = −1.28,
and b = −1.41 for opx and s0 = 103.19 S/m, XFe ref = 0.1,
DHref = 1.86 eV, a = −1.28, and b = −1.41 for cpx. The
electrical conductivity of pyroxenite (55% opx, 43% cpx,
and 2% spinel + olivine, XFe = 0.06–0.1) was measured at
T = 800°C–1200°C and P = 1–4 GPa using different solid
buffers to control oxygen fugacity by Dai et al. [2006].
According to these authors, the conductivity of pyroxenite
for the Mo + MoO2 buffer can be fit by equation (1) with the
following parameters: s0 = 10
3.25 S/m and DH = 1.79 eV,
which are very similar to the values reported by Xu and
Shankland [1999] for the preexponential term and activa-
tion enthalpy of cpx and opx, respectively. No significant
pressure dependence on the activation enthalpy was reported
by Dai et al. [2006].
[22] The different conductivity models for opx and cpx,
determined according to the geotherm and the iron parti-
tioning associated with our reference lithospheric column
(Figure 1), are given in Figure 2b. In the absence of exper-
imental data we use the extant opx conductivity models as a
proxy for the C2/c cpx conductivity. The XFe distribution
with depth for opx remains almost constant at 0.1 with dis-
continuities (DXFe = 0.02–0.01) at the boundaries between
the mantle layers with different composition (see Table 1).
For cpx, XFe ranges from 0.05 to 0.1, increasing from the
Moho down to around P = 6.4 GPa (z = 200 km), and then
decreasing downward. The XFe discontinuities for cpx are
similar to those in opx. At P = 10 GPa (z = 300 km) opx is
transformed into C2/c cpx which is relatively iron poor with
XFe = 0.025 (Figure 2b).
[23] The electrical resistivity model of Vacher and
Verhoeven [2007] is nearly coincident with the Xu and
Shankland [1999] model for both opx (<0.06 log units dif-
ference) and cpx (<0.11 log units difference). The values of
Figure 3. Activation enthalpy variation with mineral iron
content. Symbols are as follows: squares show olivine
[Omura et al., 1989], triangles show pyroxenes [Seifert
et al., 1982], and diamonds show garnet [Romano et al.,
2006].
Table 2. Small Polaron and Ionic Conduction Terms for the Bulk Conductivity Model of the Mantle Adopted in This Papera
log s0/log s0i (S/m) a b c d e f DV (cm
3/mol) DHi (eV)
Olb 2.4–3/4.73 1.642 0.246 −4.85 3.259 ‐ ‐ 0.68 2.31
Opxc 2.4–3.72/− 1.9 −2.77 2.61 −1.09 ‐ ‐ ‐ ‐
Cpxd 3.25/− 2.075 −2.77 2.61 −1.09 ‐ ‐ ‐ ‐
Gnte (2.67–3.39) + log(1 − 0.044P(GPa))/4.96 2.6 −15.33 80.4 −194.6 202.6 −75 2.5 2.05
aSee equation (11) and the text for further details.
bOlivine model based on the following sources: Wang et al. [2006], Omura et al. [1989], Xu et al. [2000], and Yoshino et al. [2009].
cOrthopyroxene model based on the following sources: Dai and Karato [2009b], Seifert et al. [1982], and Xu and Shankland [1999].
dClinopyroxene model based on the following sources: Xu and Shankland [1999] and Seifert et al. [1982].
eGarnet model based on the following sources: Dai and Karato [2009a], Romano et al. [2006], and Yoshino et al. [2008b].
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log10(r), from the Moho down to the LAB, range from 8 to
2.7 log units and from 9 to 2.7 log units for opx and cpx,
respectively. Excepting the model of Dai and Karato
[2009b] below 150 km, opx is more conductive than cpx
for its entire stability field. The modest iron content sensi-
tivity in the conductivity model of Vacher and Verhoeven
[2007] is due to the fact that the decrease of the activation
energy for increasing XFe is balanced, and even exceeded,
by the decrease of the preexponential term (i.e., negative a
in equation (8)). This leads to situations in which the con-
ductivity increases for decreasing XFe (compare the Vacher
and Verhoeven [2007] and Xu and Shankland [1999] models
for cpx at z > 300 km in Figure 2b). This behavior is at odds
with the conductivity dependence on iron content of other
minerals [e.g., Omura et al., 1989; Hinze et al., 1981;
Romano et al., 2006] and certainly with the XFe dependence
exhibited by diopside itself [Wang et al., 1999]. As an
alternative approach, we integrate the iron content parameter
in the conductivity of pyroxenes by fitting the activation
enthalpies determined by Seifert et al. [1982] to a third‐
order polynomial having XFe as the variable: DH(XFe) = a +
b XFe + c XFe
2 + d XFe
3 (Figure 3 and Table 2). As the
resulting activation enthalpies are slightly lower in com-
parison with previous work [Xu and Shankland, 1999; Dai
and Karato, 2009b], we calibrate the polynomial for opx
and cpx according to the following constraints: DH(XFe =
0.16) = 1.52 eV for opx [Dai and Karato, 2009b] and DH
(XFe = 0.08) = 1.87 eV for cpx [Xu and Shankland, 1999].
For a comparison we plot a modified version of the con-
ductivity models of Xu and Shankland [1999] for cpx and
Dai and Karato [2009b] for opx using DH(XFe) instead of
a constant activation enthalpy (Figure 2b). The differences
between the resistivity calculated considering DH(XFe) and
those determined using the original constant activation
enthalpy are between 0.26 to 0.91 and −0.6 and 0.24 log
units for cpx and opx, respectively. The resistivity of C2/c
cpx is 0.56 log units higher that the source opx because of the
strong decrease in the iron content in the new phase for z >
300 km. In the lithosphere, the resistivity decreases from
8 and 9.6–9 log units at the Moho to 2.15–2.6 and 2.6 log
units at the LAB for opx and cpx, respectively.
2.3. Garnet
[24] The garnet phase is volumetrically minor in the
lithospheric mantle (<6%), but accounts for 16%–30% of
the sublithospheric mantle peridotite (Figure 1d). Xu and
Shankland [1999] measured the electrical conductivity of
the garnet + ilmenite phase (XFe = 0.09) at a pressure of
21 GPa in the range T = 1200°C–1500°C by fitting
equation (1) with the following parameters: s0 = 10
3.35 S/m,
DH = 1.66 eV. The effect of iron content in garnet in the
pyrope‐almandine system was studied by Romano et al.
[2006] at 10 and 19 GPa in the temperature range 300°C–
1700°C. For the pressures of interest in this paper
(<13.4 GPa) the activation enthalpy decreased regularly with
increasing iron content [Romano et al., 2006]. Similar results
regarding the influence of the iron content on garnet con-
ductivity at pressures of 18 and 23 GPa are reported by
Yoshino et al. [2008b]. On the basis of the laboratory data
presented by Romano et al. [2006], Jones et al. [2009a]
defined the following equation to account for the iron con-
tent dependence in the conductivity of garnet:
 ¼ 0 exp  a bXFeð ÞkBT
 
; ð10Þ
where s0 = 10
(4.26–12.26XFe) S/m, a = 2.4 eV, and b = 6.
[25] Yoshino et al. [2008b] measured the conductivity of
MORB (XFe = 0.3) and pyrolite majorite (XFe = 0.07) at
pressures of 18 and 23 GPa for the temperature range 627°C–
1727°C under dry conditions. They also found a conspicu-
ous effect of iron content in the electrical conductivity of
majorite garnet. The reported activation enthalpy did not
show significant pressure dependence but did exhibit sig-
nificant iron content variation: average of 1.47 and 1.23 eV
for the pyrolite (XFe = 0.07) and MORB (XFe = 0.3) samples
for T = 700°C–1500°C, respectively [Yoshino et al., 2008b].
The results of these authors regarding the electrical conduc-
tivity of garnet majorite can be described by equation (10)
with the following parameters: s0 = 10
2.83 S/m, a =
1.54 eV, and b = 0.87. A more recent study on a single‐
crystal pyrope‐rich garnet (XFe ∼ 0.16) under the conditions
of 4–16 GPa and T = 600–1200°C included the effect of
water content in garnet conductivity [Dai and Karato,
2009a]. Dai and Karato proposed a conductivity model
described by equation (7) with the following parameters:
s0 = 1036(1–0.044P(GPa)) S/m, DU = 1.32 eV, DV =
2.5 cm3/mol, A = 195 S/m, DHwet = 0.725 eV and r = 0.63.
The relatively high value of the activation volume implies a
significant decrease of conductivity with increasing pressure
under dry conditions [Dai and Karato, 2009a]. Such an
effect of pressure on conductivity was not reported in garnet
majorite by Yoshino et al. [2008b] and is also not present in
the study by Romano et al. [2006], which suggests an
increase in conductivity for increasing pressure (activation
enthalpy < 1eV at P = 19 GPa). The latter result, however, is
difficult to compare directly with the observations made by
Yoshino et al. [2008b] and Dai and Karato [2009a] as the
water content was not determined by Romano et al. [2006].
[26] Figure 2c shows the values of the conductivity models
presented above for the geotherm, pressure and iron parti-
tioning distributions with depth for our reference lithospheric
column (Figure 1). At depths above the transition zone
(where the garnet‐majorite substitution becomes important),
garnet tends to strongly partition the iron relative to other
minerals. Therefore, the iron content of garnet is the highest
of the upper mantle minerals in the range of bulk composi-
tions that we are using here (Table 1). In the lithosphere, XFe
varies from 0.4 to 0.23 for garnet with discontinuities of
DXFe = 0.03–0.017 at the boundaries between the mantle
layers with different compositions. In the sublithospheric
mantle, XFe increases almost linearly with depth from 0.25 in
the vicinity of the LAB to 0.29 at the bottom of the model
(Figure 1c).
[27] The model of Xu and Shankland [1999] is indepen-
dent of pressure and composition and predicts the most
resistive profile for the lithospheric mantle (i.e., T < 1315°C).
The Dai and Karato [2009a] model is 1.57 log units less
resistive than that of Xu and Shankland [1999], but only
down to the LAB (Figure 2c). At greater depths, the pressure
FULLEA ET AL.: MANTLE ELECTRICAL CONDUCTIVITY, KAAPVAAL B10202B10202
8 of 32
term makes the Dai and Karato [2009a] model more resis-
tive than that of Xu and Shankland [1999] (by 0.76 log units
at P = 13.4 GPa) because of the high and positive value of the
activation volume in the work by Dai and Karato [2009a].
The model of Jones et al. [2009a] (equation (10)) predicts
very low resistivity in the lithosphere (up to 5.6 log units
lower with respect to the model of Xu and Shankland [1999])
because of its strongly compositionally dependent activation
enthalpy. However, the models of Jones et al. [2009a] and
Xu and Shankland [1999] show relatively close resistivity
values in the sublithospheric mantle (<0.2 log units differ-
ence). The activation enthalpy is also a function of the iron
content in the model of Yoshino et al. [2008b], but in this
case, resistivity values in the lithosphere are <2 log units
lower than those predicted by the Xu and Shankland [1999]
model. In order to give an additional constraint on the XFe
sensitivity in garnet conductivity, we use the activation
enthalpies obtained by Romano et al. [2006] at P = 10 GPa to
fit a fifth‐order polynomial on XFe: DH(XFe) = a + b XFe +
c XFe
2 + d XFe
3 + e XFe
4 + f XFe
5 (Figure 3 and Table 2). The
coefficients of the polynomial are calibrated according to the
following constraint: DH(XFe = 0.16) = 1.55 eV [Dai and
Karato, 2009a]. A modified version of the Dai and Karato
[2009a] conductivity model including the iron content–
dependent enthalpy is plotted in Figure 2c. This modified
version is 1.17–0.24 log units more conductive than the
original model and matches relatively well (<0.54 log units
difference) the resistivity values predicted by Yoshino et al.
[2008b] in the lithosphere. These two models are less resis-
tive than the models of Dai and Karato [2009a] (XFe ∼ 0.16)
and Xu and Shankland [1999] (XFe = 0.09), as might be
expected because of the higher iron content of garnet in our
reference column (XFe = 0.4–0.23). The minimum difference
between the different experimental models is at the vicinity
of the LAB (<0.4 log unit difference in resistivity). In the
sublithospheric mantle the pressure effect makes the model
of Dai and Karato [2009a] up to 0.9 log units (at the top of
the transition zone) more resistive than Yoshino et al.’s
[2008b] model.
2.4. Water Content
[28] From recent laboratory studies the presence of even
small amounts of water (i.e., OH defects) has a considerable
effect on the electrical conductivity of mantle minerals [e.g.,
Wang et al., 1999, 2006; Yoshino et al., 2009; Poe et al.,
2010]. However, the extent to which water affects conduc-
tivity remains controversial [e.g., Karato and Dai, 2009;
Yoshino, 2010]. To quantify these differences we plot the
different resistivity models, including water content depen-
dence, under dry and wet conditions (Figure 4). The amount
of water dissolved in mantle rocks is a matter of intense
debate and is discussed in detail in section 4.3.2. For illus-
trative purposes, we will assume representative average
values for each mineral on the basis of global water content
Figure 4. Comparison of different laboratory results examining the effect of water content on electrical
resistivity (i.e., the proton conduction term in equation (11); see the text for further details) of (a) olivine,
(b) pyroxenes, and (c) garnet. Temperature, pressure, and iron content are taken from the reference
lithospheric column of Figure 1. The water content distribution with depth is assumed to be constant: for
olivine, 40 wt ppm (dashed lines) and 400 wt ppm (dotted lines); for opx, 200 wt ppm (dashed red line);
for cpx, 400 wt ppm (dashed black line); and for garnet, 20 wt ppm. Solid lines are dry resistivity depth
profiles in all the cases. The single, double, and triple asterisks are as in Figure 2.
FULLEA ET AL.: MANTLE ELECTRICAL CONDUCTIVITY, KAAPVAAL B10202B10202
9 of 32
measurements in mantle rocks: 40 weight parts per million
H2O (wt ppm) for olivine, 200 wt ppm for orthopyroxene,
400 wt ppm for clinopyroxene, and 20 wt ppm for garnet
[e.g., Bell and Rossman, 1992; Grant et al., 2007; Gose
et al., 2008; Peslier, 2010]. In the case of olivine, we also
consider a high water content (400 wt ppm) to analyze the
sensitivity of the different proton conduction models to water
content. For clinopyroxene we will assume the same water
content dependence as that in the Dai and Karato [2009b]
model for orthopyroxene, as no laboratory constraints exist
for clinopyroxene.
[29] In the case of olivine, the model of Wang et al.
[2006] shows a strong difference in resistivity between the
wet (40 wt ppm) and dry models, particularly in the litho-
sphere (3.7–1.25 log units difference) but also in the sub-
lithospheric mantle (1.2–1.1 log units difference). In
contrast, the model of Yoshino et al. [2009] exhibits a wet‐
dry resistivity drop of 1.86 log units at the Moho, which is
rapidly reduced to 0.03 log units at the LAB (Figure 4a). In
Figure 4a we also plot a modified version of the model of
Yoshino et al. [2009] in which the original proton conduc-
tion term in equation (9) has been substituted by the geo-
metric average of the conductivities along the three
crystallographic directions, according to the values deter-
mined by Poe et al. [2010]. This modified version yields, for
40 wt ppm, a wet to dry resistivity drop of 1.53 and 0.04 log
units at the Moho and the LAB, respectively. At higher water
contents (400 wt ppm) the wet‐dry resistivity drop at litho-
spheric temperatures is similar to that of bothPoe et al. [2010]
(3.8–0.7 log units) andWang et al. [2006] (4.3–1.9 log units)
and is somewhat lower than that of Yoshino et al. [2009]
(3.0–0.3 log units). In the sublithospheric mantle and for
400 wt ppm, the wet‐dry resistivity drop ranges from 1.8–
1.7 log units [Wang et al., 2006] to 0.3–0.14 log units
[Yoshino et al., 2009]. Therefore, the model of Yoshino et al.
[2009] is less sensitive to water content (except for low T
and water content) than the model of Wang et al. [2006],
which is the most sensitive. According toWang et al. [2006],
the proton conduction term varies strongly (up to 4.3 log
units in resistivity) at low water contents (0–40 wt ppm) and
only modestly (0.6 log units) at relatively high values (40–
400 wt ppm). The situation is the opposite in the model of
Poe et al. [2010], for which the most important decrease in
resistivity (up to 2.3 log units) takes place at 40–400 wt ppm.
The model of Yoshino et al. [2009] is similar to the results of
Wang et al. [2006] in that the maximum predicted change in
resistivity takes place at relatively low water content,
although the differences between the resistivity drops at 0–
40 wt ppm (up to 1.86 log units) and 40–400 wt ppm (up to
1.2 log units) are of lower magnitude in this case (Figure 4a).
[30] The resistivity of pyroxenes, according to the Dai
and Karato [2009b] model, is strongly sensitive to water
content and shows a wet‐dry resistivity drop of 4–1.6 (opx)
and 5.74–1.63 log units (cpx) for the lithosphere, and 1.4–
1.5 log units in the sublithospheric mantle (opx and cpx)
respectively (Figure 4b). For garnet, the resistivity decreases
by up to 0.79 log units in the lithosphere in the Dai and
Karato [2009a] model (Figure 4c).
[31] Given that the implications of the different experi-
mental approaches used for determining the electrical effects
of dissolved OH in olivine remain contentious [cf. Karato
and Dai, 2009; Yoshino, 2010], we have opted for our
work to use and test the results provided by all approaches.
3. Mantle Bulk Conductivity
[32] To determine comprehensively the bulk conductivity
of the mantle, it is essential to select an appropriate electrical
conductivity model for each constituent mineral, and to
define a suitable averaging scheme or mixing rule to account
for the individual contribution of each of them. Temperature
is by far the most important parameter controlling the elec-
trical conductivity of mantle minerals (Figure 2), followed by
water content (Figure 4). The amount of iron is only rela-
tively important in the case of high XFe variations, e.g.,
orthopyroxene at the LAB (Figure 1c). Pressure does not
have an appreciable effect in the conductivity of pyroxenes
[Dai et al., 2006] but is relevant for olivine [Xu et al., 2000]
as well as for garnet [Dai and Karato, 2009a] in the sub-
lithospheric mantle (T > 1300°C) (Figure 2c). As discussed
by Jones et al. [2009a], the effect of oxygen fugacity on the
conductivity of mantle minerals is only of minor importance
when compared with temperature or iron content (e.g.,
conductivity is only a function of fO2 to the power 1/6 for the
SEO3 model in equation (5) or 2/11 for the Du Frane et al.
[2005] model in equation (6)); therefore, we do not consider
any fugacity dependence in this paper. A change in the
conduction regime from small polaron to ionic conduction,
related to Mg vacancies, at sublithospheric temperatures has
been reported for olivine at T > 1300°C [Schock et al., 1989;
Constable, 2006; Yoshino et al., 2009; Farla et al., 2010] and
garnet at T > 1530°C [Yoshino et al., 2008b]. The ionic
conduction is characterized by an activation enthalpy typi-
cally >2 eV in olivine [Yoshino et al., 2009; Farla et al.,
2010] and >1.6 eV in garnet [Yoshino et al., 2008b]. In
terms of the water content dependence, at least for olivine,
two different proton conduction terms have been proposed by
the different laboratory groups, as described in section 2.4.
The effect of these two proton conduction parameterizations
on the MT responses is discussed in section 4.3.2.
[33] In this paper we adopt a model for the bulk electrical
conductivity of the mantle that integrates temperature,
pressure and compositional variations according to available
laboratory results. The equations that we use for the con-
ductivity of mantle minerals are
 ¼ 0 exp DH XFe;Pð ÞkBT
 
þ 0i exp DHikBT
 
þ p;
DH XFe;Pð Þ ¼ aþ bXFe þ cX2Fe þ dX3Fe þ eX4Fe þ fX5Fe þ PDV ;
p ¼ f Cwð Þ exp DHwet Cwð ÞkBT
 
:
ð11Þ
The first term in the first expression of equation (11) describes
conduction due to small polarons, and the second term
represents the contribution of Mg vacancies at high tem-
peratures. The second expression in equation (11) is the
activation enthalpy for small polaron conduction, which
includes the iron content and pressure dependencies. All
the experimentally derived parameters describing the con-
ductivity model for each mineral (s0, s0i, a, b, c, d, e, f,
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DV, DHi, DH0) are listed in Table 2. In the third expression
of equation (11) sp describes for the proton conduction term
and integrates two possible parameterizations. The first
parameterizations (hereafter PC1) are based on the experi-
mental results from Karato’s group for olivine [Wang et al.,
2006], orthopyroxene [Dai and Karato, 2009b], and garnet
[Dai and Karato, 2009a] and are characterized by a constant
value of DHwet, and f(Cw) = ACw
r . The second para-
meterizations (hereafter PC2) are defined by the studies of
Yoshino et al. [2009] and Poe et al. [2010] of olivine con-
ductivity:DHwet =DH0 − aCw(1/3) and f(Cw) = ACw. For PC1,
in the absence of laboratory data, we assume for clinopyrox-
ene the same Cw dependence as reported for orthopyroxene by
Dai and Karato [2009b]. For similar reasons, the proton
conduction term determined for olivine by Poe et al. [2010]
(i.e., the geometrical average along the crystallographic axes)
is assumed for the pyroxenes and garnet in the PC2 model.
The parameters describing both PC1 (DHwet, A, r) and PC2
(DH0, A, a) proton conduction terms are listed in Table 3.
[34] The determination of the electrical conductivity of a
mantle mineral assemblage requires the averaging of the
constituent minerals, taking into account their volumetric
fractions and geometrical distribution. Although two‐phase
systems within conductive and nonconductive regimes have
been broadly studied adopting simplified geometrical repre-
sentations [e.g., Spangenberg, 1998; Kozlovskaya and Hjelt,
2000], these approaches are of little use in the case of the
Earth’s mantle, as the textural information in natural mantle
rocks is only scarcely and inadequately sampled (e.g.,
xenoliths) and remains largely unknown. The use of aver-
aging schemes involving no assumptions regarding the phase
geometry are therefore more appropriate for determining the
bulk conductivity of mantle rocks. The concept of “extremal
bounds,” i.e., the most extreme bounds that can possibly be
obtained for a physically meaningful mixture without any
textural assumptions, was first proposed byMaxwell‐Garnett
[1904] and was subsequently developed by other authors in
the 1960s [Hashin and Shtrikman, 1963]. The Hashin‐
Shtrikman (HS) extremal bounds [Hashin and Shtrikman,
1963] are the narrowest possible limits that can be defined
for a two‐phase composite in the absence of geometrical
information about the phases. Berryman [1995] derived a
general form of the HS bounds for an N‐phase material and
particularly for the electrical conductivity:
HS ¼
XN
i¼1
vi
i þ 2min
 !1
2min; ð12Þ
where sHS
− is the lower bound, vi is the volume fraction, N the
number of phases and smin is the minimum conductivity of all
the individual phases. The upper bound, sHS
+ , is given by
equation (12) substituting the maximum value, smax, for the
minimum one. The physical meaning of sHS
− can be under-
stood as a resistive matrix with noninterconnected conductive
inclusions, whereas sHS
+ would be understood as a conductive
matrix with noninterconnected resistive inclusions. Series
and parallel solutions provide alternative maximum and
minimum conductivity estimates for a mixture of phases
[Schulgasser, 1976, 1977]:
S ¼
XN
i¼1
vi
i
 !1
;
P ¼
XN
i¼1
ivi
 !
;
ð13Þ
where sS and sP are the series and parallel solutions,
respectively, and will also be used herein.
4. Application to the Kaapvaal Craton
and the Rehoboth Terrane
[35] We model the 1‐D MT responses from two case
studies in southern Africa recorded as part of the Southern
AfricanMagnetotelluric Experiment (SAMTEX [Jones et al.,
2009b]), in two locations of different geological aged litho-
sphere: the Proterozoic Rehoboth Terrane (RT) and the
Archean Kaapvaal Craton (KC). In contrast to the well‐
studied KC, the deep lithospheric structure and temperature
distribution of the RT, largely hidden beneath thick Quater-
nary Kalahari sand cover, remain poorly defined, mainly
because of data scarcity and the lack of intense exploration
interest (because of the general paucity of kimberlites, par-
ticularly diamondiferous ones).
[36] The KC is subdivided into two tectonic blocks, the
eastern Witwatersrand Block and the western Kimberley
Block (Figure 5) [de Wit et al., 1992], each with distinct
geological fabrics and characteristics that attest to separate
Palaeoarchean to Mesoarchean histories prior to their colli-
sion and accretion across the magnetic, and somewhat
enigmatic, Colesberg Lineament (Figure 5) at about 2.9 Ga
[Schmitz et al., 2004].
[37] The RT was accreted to the western margin of the
Kimberley Block across the magnetic Kalahari Lineament
(Figure 5) by about 1750 Ma [Jacobs et al., 2008]. The
oldest crustal and mantle xenolith ages (from the Gibeon
kimberlite field) determined for the RT infer an early Pro-
terozoic lithospheric stabilization age [Ziegler and Stoessel,
1991; Hoal et al., 1995]. In comparison to the eastern
Kimberley Block of the KC, the RT is characterized by a
present‐day lithospheric thickness that is at least 40 km
thinner [Muller et al., 2009], a thinner highly depleted upper
Table 3. Proton Conduction Term for the PC1 and PC2 Modelsa
PC1 PC2
Mineral
DHwet
(eV)
log A
(S/m) r Mineral
DH0
(eV)
log A
(S/m) a
Olb 0.9 3 0.62 Olc 1.19 2.35 1.1
Opxd 0.85 2.6 0.62 Opxe 1.19 2.35 1.1
Cpxf 0.85 2.6 0.62 Cpxe 1.19 2.35 1.1
Gntg 0.725 2.29 0.63 Gnte 1.19 2.35 1.1
aSee equation (11) and the text for further details.
bOlivine data are from Wang et al. [2006].
cOlivine data are from Poe et al. [2010].
dOrthopyroxene data are from Dai and Karato [2009b].
eFor the pyroxenes and garnet the parameters for olivine from (4) are
assumed.
fFor the clinopyroxene the parameters for opx from (2) are assumed.
gGarnet data are from Dai and Karato [2009a].
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lithospheric mantle layer (117 km versus 138–167 km)
[Grütter et al., 1999, 2006] and a lithospheric mantle that is,
on average, chemically less depleted (average Mg # for
olivine equal to 91.6 in comparison with 92.6 [Boyd et al.,
2004]), reflecting lower degrees of partial melting during
lithospheric stabilization.
[38] Southern Africa was exposed to a significant thermal
event in the Cretaceous period during which most of the
kimberlites found in the vicinity of the MT stations studied
here were erupted (Figure 5). The majority of the kimberlites
in the Kimberley area are aged between 143 and 117 Ma
(group II kimberlites) or 108 and 74 Ma (group I kimberlites)
[Griffin et al., 2003; Kobussen et al., 2008], whereas kim-
berlites in the Gibeon field have been dated between 75 and
65 Ma [Spriggs, 1988; Allsopp et al., 1989; Davies et al.,
2001]. Mantle xenoliths entrained in these kimberlites
provide evidence of significant modification and refertili-
zation of the lower lithospheric mantle of both the KC
[Griffin et al., 2003; Kobussen et al., 2008] and the RT [Bell
et al., 2003b] at the time of the Cretaceous thermalism and
magmatism.
[39] The MT site modeled in the KC (site KIM015) is
located in the vicinity of the boundary between the Kim-
berley and Witwatersrand blocks, whereas the RT site (site
KIM426) lies in the middle of the terrane (Figure 5). The MT
responses selected for modeling are the most isotropic 1‐D
responses found within each terrane along the KIM‐NAM
profile (Figure 5) after Groom and Bailey [1989] decom-
position to the best regional electrical strike direction deter-
mined for each terrane at lithospheric mantle depths (see
Muller et al. [2009] for details on the MT data processing
and strike analysis and decomposition). The responses at the
selected MT sites are very similar to the responses recorded
at a number of adjacent sites (Figure 5), and are therefore
regarded as representative of the regional structure at a one to
two hundred kilometer length scale, i.e., a length scale as
great as the depths of interest. It is noted that the suture
between the Kimberley and Witwatersrand blocks has no
obvious expression in either the MT responses recorded
across the Colesberg Lineament, or in the 2‐D MT model
of the lithospheric mantle structure [Muller et al., 2009].
The 1‐D phase and apparent resistivity responses modeled
Figure 5. Simplified tectonic map of southern Africa. Shown are magnetotelluric (MT) station sites
(blue dots) along profile KIM‐NAM [Muller et al., 2009] and kimberlite occurrences (red diamonds,
known diamondiferous; green triangles, known nondiamondiferous; white triangles, unknown or
unspecified in databases). The Kimberley (1) and Gibeon (2) kimberlite fields are annotated. Green
octagons show the locations of the two MT sites used in this work, KIM015 in the Kaapvaal Craton and
KIM426 in the Rehoboth Terrane. The sites highlighted in yellow are characterized by MT responses that
are very similar to those observed at KIM015 and KIM426. Major cities (black squares) are annotated:
Kimberley (Kmb), Johannesburg (Jhb), and Windhoek (Whk). Terrane boundaries are shown courtesy of
S. J. Webb (University of the Witwatersrand) on the basis of the magnetic field image of southern Africa.
Sources of kimberlite data are the South African Council for Geoscience numerical database, Jelsma et al.
[2004], and S. Faure (World Kimberlites and Lamproites CONSOREM Database, version 2006‐1,
available at http://www.consorem.ca).
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are the arithmetic and logarithmic means, respectively, of
the TE and TM modes. The error bars reflect the maxi-
mum of the data processing errors, the Groom and Bailey
decomposition model errors, and the departure from a 1‐D
assumption as defined by differences between the TM and
TE modes. The fact that the data we are modeling are
close to isotropic 1‐D implicitly assumes that anisotropy,
either because of the presence of 2‐D to 3‐D structures or
associated with crystal preferred orientation of mantle
minerals, is weak or absent.
[40] Our modeling objective is to derive a lithospheric
structure beneath each MT site that is compatible with the
observed elevation, surface heat flow (SHF) and xenolith
data, and previous geophysical and petrological studies. As
the focus of this paper is on the resistivity distribution within
the mantle, we derive the crustal resistivity structure from
1‐D Occam inversions [Constable et al., 1987] of the MT
data at crustal periods (i.e., the high frequencies) and hold
the crustal structure fixed while varying the lithospheric
mantle model parameters. In the mantle, the resistivity dis-
tribution is computed according to the laboratory‐based
mineral conductivity model presented in section 3 (i.e.,
equation (11)) as a function of temperature, pressure, and
composition. The mantle bulk density is computed by
arithmetically averaging the densities of the stable mineral
phases at the pertinent temperature and pressure [Afonso
et al., 2008]. The predicted topography of the lithospheric
columns is calculated according to crustal and mantle den-
sities assuming local isostasy, a safe assumption given the
ages of the terranes. Dynamic contributions to elevation from
sublithospheric loads that could arise from convection cur-
rents are implicitly neglected [see Fullea et al., 2009,
Appendix C1]. One‐dimensional MT responses are derived
from the lithospheric resistivity‐depth distributions on the
basis of either the Hashin‐Shtrikman (equation (12)) or
series‐parallel (equation (13)) solutions using Wait’s [1954]
recursion formula for an N‐layered structure.
[41] The LAB can be defined in various ways depending
on the proxy to it that is assumed: seismic velocity, seismic
anisotropy, electrical resistivity, composition or tempera-
ture [e.g., Eaton et al., 2009]. In this work, the lithospheric
mantle is characterized (1) thermally, as the portion of the
mantle defined by a conductive geotherm where conduction
of heat prevails over convection, and (2) compositionally,
as the mantle portion characterized by a relatively depleted
composition with respect to the fertile primary composi-
tion in the sublithosphere (i.e., PUM in Table 1). We thus
define the LAB on the basis of thermal boundary layer (TBL)
and chemical boundary layer (CBL) considerations, rather
than mechanical boundary layer (MBL) ones [Artemieva,
2009]. A linear transition in temperature from the conduc-
tive lithospheric geotherm to the asthenospheric adiabat
is imposed over a 50 km depth interval below the LAB. In
this paper we extend this definition to include the electrical
lithosphere and to discuss whether a correlation with the
thermal and compositional characterizations can be estab-
lished or not.
4.1. Elevation, Surface Heat Flow, and Radiogenic
Heat Production
[42] The average surface elevation in the KC and RT (1.3
and 1.1 km, respectively), both located over the African
Superswell [e.g., Nyblade and Robinson, 1994], is about
500 m above the average elevation for other cratonic areas.
The extent to which this anomalous topography is produced
by large‐scale upwelling with its source at the core‐mantle
boundary [e.g., Gurnis et al., 2000] or is supported by
temperature and/or density changes in the upper mantle
[e.g., Nyblade and Sleep, 2003; Li and Burke, 2006] is still a
matter of debate. For the purposes of our work we assume
the latter.
[43] Archean cratons are globally characterized by a rel-
atively low SHF of 41 ± 12 mW m−2, whereas for Prote-
rozoic terranes it is on average slightly higher at 48 mW m−2
[Nyblade and Pollack, 1993]. The KC, excluding the areas
of Witwatersrand Basin and the Bushveld igneous complex,
is characterized by an E‐W variation in SHF, with values of
38 ± 7 and 53 ± 4 mW m−2 in its western and eastern por-
tions, respectively [Jones, 1998]. The SHF close to the MT
site in the KC modeled in this work (Figure 5) is <45 mW
m−2 [Jones, 1998]. In the case of the RT there are no reported
SHF measurements. On the basis of the lithospheric thick-
nesses determined by 2‐D inversion of MT data recorded
along the KIM‐NAM profile, Muller et al. [2009] estimate
SHF values of 41 and 45 mW m−2 for the KC and RT,
respectively, using geotherms defined by Pollack and
Chapman [1977].
[44] The average crustal heat production has a large effect
on the measured SHF, which is relatively insensitive to its
small‐scale horizontal variations [e.g., Jaupart, 1983]. The
global average heat production for Precambrian crust is
0.77 ± 0.08 mW m−3, although there are considerable var-
iations between different geological provinces depending
on their magmatic and tectonic histories [Jaupart and
Mareschal, 2003]. The Vredefort dome, located in the
Witwatersrand Basin (KC), consists of an uplifted and
exposed section of supracrustal sediments and upper to lower
Archean crust and thus offers us a window that can be taken
as representative. A systematic survey across the Vredefort
dome allowed Nicolaysen et al. [1981] to determine average
heat production values of 1.25 mW m−3 for the sediments,
1.86 mW m−3 for the upper crust, and 1 mW m−3 for the
middle crust. The heat production of the lower crust (i.e., at
depths z > 20 km) within the Vredefort dome was indirectly
estimated as 0.4 mWm−3 by Nicolaysen et al. The usual heat
production values assumed in the mantle are about 0.02–
0.03 mW m−3, i.e., 2 orders of magnitude lower than that
of the crust [e.g., Rudnick et al., 1998].
4.2. Crustal and Lithospheric Structure
From Previous Studies
[45] Receiver function studies of the crustal structure in
southern Africa indicate a Moho depth of 34–40 km in the
undisturbed Archean terranes [Nguuri et al., 2001;Nair et al.,
2006; Hansen et al., 2009], and of 45–50 km in the Prote-
rozoic terranes and mobile belts [Baier et al., 1983; Nguuri
et al., 2001; Nair et al., 2006]. A seismic refraction study
across the KC indicated that the upper crust (granitic to
granodioritic composition) is about 10 km thick, with its
base located at 12–18 km depth and with P wave velocities
of 6.0–6.2 km/s [Durrheim, 1998]. The same study sug-
gested a relatively low velocity lower crust (felsic granulite
with a dioritic average composition) with P wave velocities
ranging from 6.4 to 6.7 km/s. A more recent joint inversion
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of S wave receiver functions and Rayleigh wave group
velocities suggests that in the Kimberley Block (KC) the
Moho depth is 36.6 ± 2.1 km and that the average S wave
velocities (Vs) for depths >20 and >30 km are 3.8 and
3.9 km/s, respectively [Kgaswane et al., 2009]. These values
are the same as those of Moorkamp et al. [2010], who
undertook a joint inversion of P wave receiver function,
Rayleigh wave group velocities and MT data, using a genetic
algorithm stochastic modeling approach, for MT data from
one site close to the KC site analyzed herein, and found a
two‐layer crust with a Moho at around 37 km, an upper crust
of 3.7–3.8 km/s, a lower crust of 3.85–4.10 km/s, and a
midcrustal boundary at around 28 km. Kgaswane et al.
[2009] interpret the relatively low Vs in terms of an inter-
mediate to felsic lower crust, where any potential mafic
component of the lower crust has been thinned or removed.
The absence of a mafic lower crust is also supported by Nair
et al. [2006] on the basis of the moderately low Vp/Vs ratio of
1.73 obtained in a receiver function study.
[46] In contrast, the crustal structure in the RT appears to be
significantly different from that of the KC [e.g., Durrheim
and Mooney, 1991]. The upper crust (Vp < 6.6 km/s)
extends to a depth of 20 km, the midcrust (Vp = 6.6–7.0 km/s)
ranges between 20 km and 30 km, and the lower crust (Vp =
7.0–7.6 km/s) extends to 50 km depth [Baier et al., 1983, and
references therein].
[47] Assuming the velocity‐density relationships derived
by Christensen and Mooney [1995], we estimate the crustal
density distribution in the KC on the basis of the velocity
models [i.e., Durrheim, 1998; Nair et al., 2006; Kgaswane
et al., 2009] as 2730–2780 kg/m3 in the first 12–18 km,
and 2865–2955 kg/m3 for z > 20 km. A similar estimation
for the RT indicates 2920–3100 kg/m3 for the midcrust, and
3090–3285 kg/m3 for the lower crust.
[48] The extent of the lithosphere beneath the KC has
recently been examined and discussed on the basis of various
seismic studies. Body wave tomography, some surface wave
studies and some S wave receiver functions suggest a high‐
velocity lid thicker than 250 km [e.g., Zhao et al., 1999;
Fouch et al., 2004; Freybourger et al., 2001; Chevrot and
Zhao, 2007]. Other studies based on surface waves and S
wave receiver functions find that the high‐velocity lid
extends to only 160–200 km, underlain by a low‐velocity
zone of 90–150 km thickness [Priestley et al., 2006; Li and
Burke, 2006; Hansen et al., 2009]. The most recent surface
wave study of the Southern African Seismic Experiment
(SASE [Carlson et al., 1996]) data by Li [2011] concludes
that the LAB for the KC is, on average, 180 ± 20 km. Li
[2011] presents evidence that the predominant kimberlite
clusters on the KC erupted in regions of marked low‐velocity
anomalies in the cratonic lithosphere [Li, 2011, Figures 12
and 14], raising the question of the generic applicability of
xenolith information from a cluster to the whole craton. The
recent Southern African Magnetotelluric Experiment
(SAMTEX [Jones et al., 2009b]) 2‐Dmagnetotelluric survey
carried out across the KC and the RT shows a lithospheric
thickness of 220–230 km [Muller et al., 2009; Evans et al.,
2011] for the KC and 180 km for the RT [Muller et al.,
2009]. The estimate of the thickness of the lithosphere
given by these authors is based on a comparison of dry
olivine conductivity models and the resistivity profiles
obtained by 2‐D inversion of the MT data.
[49] From a compositional point of view, there is evidence
for mantle chemical stratification in both the KC and the RT,
as indicated by xenolith data [e.g., Grütter et al., 1999,
2006; Boyd et al., 2004; Griffin et al., 2003; Kobussen et al.,
2008]. The definition of the “chemical LAB” beneath cra-
tonic regions is a debatable point with respect to the
Kaapvaal Craton, i.e., whether the base of the CBL corre-
sponds with the base of the largely harzburgitic, highly
depleted layer (with high Mg # ≈ 93.1), or the base of the
underlying largely lherzolitic, refertilized and melt‐metaso-
matized layer (with moderately lower Mg # ≈ 92.2). As
indicated above, we define or regard the base of the CBL as
the latter. In the case of the former definition (i.e., the base
of the high Mg # layer), the CBL does not necessarily have
to coincide with the base of the mantle defined on geo-
physical grounds, i.e., the TBL [O’Reilly and Griffin, 2010].
The depth of the chemical LAB in the KC, based on the
depth of the highly depleted mantle layer, is 205 km for
group II kimberlites (143–117 Ma) and 165 km for group I
kimberlites (108–74 Ma) [Griffin et al., 2003], both clusters
in the Kimberley region. It is noted that all of the group II
and group I kimberlites in Griffin et al.’s [2003] analysis are
located in the 40–220 km distance range from our KC MT
site KIM015 (with the exception of group II Finsch kim-
berlite located 280 km away from KIM015). According to
Cr saturation in garnet xenocrysts, the maximum depth of
the highly depleted layer is 158–167 km (group II) and 138–
145 km (group I) for the Kimberley block in the Archean
KC [Grütter et al., 1999, 2006; Muller et al., 2009]. In the
RT, chemical layering is suggested by the high percentage
(60%–75%) of fertile lherzolites sampled in the xenoliths
from the lower part of the lithospheric mantle derived from
the kimberlites in the Gibeon and Gordonia kimberlite fields
[Griffin et al., 2003]. The depth at which the percentage of
depleted peridotite (whole rock Mg # = 92.2) sampled in the
Proterozoic RT lithosphere starts to decrease downward is
about 120 km according to Griffin et al. [2003], in agree-
ment with the estimates from Cr saturation in garnet xeno-
crysts (119 km) [Grütter et al., 1999, Muller et al., 2009].
The vertical extent of the depleted layer in the Kimberley
block of the KC appears to have been modified by chemical
refertilization of the lower lithospheric mantle that took
place between the eruptions of the group II kimberlites
(143–117 Ma) and the group I kimberlites (108–74 Ma)
[Griffin et al., 2003; Kobussen et al., 2008]. On the basis of
group I kimberlites in the KC, the highly depleted layer in
the depth range 120–165 km appears to have experienced
metasomatism (decrease of the proportion of depleted
harzburgites and lherzolites with respect to group II kim-
berlites), and in the uppermost part of the mantle (<120 km
depth) relatively fertile phlogopite‐rich lherzolites predom-
inate [Griffin et al., 2003].
4.3. Modelling Results
[50] Within the framework of the self‐consistent LitMod
modeling approach, there are a number of different variables
that can potentially affect the temperature, pressure, com-
position and density distributions of the lithospheric mantle,
and hence the predicted topography, SHF and MT responses
[Afonso et al., 2008; Fullea et al., 2009]. However, some of
these variables can be reasonably well‐constrained by other
observations, particularly in the crust (see section 4.2).
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Therefore, we restrict the range of possible lithospheric
models for the KC and RT by fixing the crustal structure and
chemical stratification in the mantle according to previous
geophysical and petrological studies (Table 4), and allowing
for variable LAB depth and variable mantle hydration state.
Concerning the chemical stratification in the mantle in this
paper, we assume (1) for the KC, a moderately fertile
uppermost layer (<120 km, whole rock Mg # of 92.2), a
highly depleted middle layer (120–165 km, whole rock Mg #
of 93.1), and a melt‐metasomatized lower layer (165 km to
LAB, whole rock Mg # of 90.5), and (2) for the RT, a
depleted uppermost layer (<120 km, whole rock Mg # of
92.2) and a melt‐metasomatized layer (120 km to LAB,
whole rock Mg # of 90.5) (Tables 1 and 4).
4.3.1. Dry Mantle
[51] One of the main conclusions of our research is that
completely dry lithospheric mantle models are unable to
reproduce adequately the observedMT responses. Regardless
of the lithospheric structure, the slope in the predicted mantle
resistivity‐depth profiles, from highly resistive upper litho-
spheric mantle to less resistive asthenospheric mantle, is too
steep (a decrease of 5–8 and 4–5 orders of magnitude in the
mantle resistivities for the KC and RT, respectively; Figure 6)
to match the observed MT responses for any reasonable
lithospheric thickness, i.e., within the range of models that
predict acceptable values for the observed topography and the
SHF. In Figure 6 we show one of those dry models for both
the KC and the RT. The predicted apparent resistivity is
systematically higher than the observed data for periods >10
and >100 s for both the KC and the RT, respectively. The
residuals of the phase misfit are strongly negative above 7 and
50 s periods, with a minimum of 10° at around 20 and 125 s
for the KC and the RT, respectively. The phase residuals
become strongly positive above periods of 250 s for the KC.
Both the apparent resistivity and phase residuals reflect a
gradient in bulk lithospheric mantle resistivity model that is
too strongly negative (Figure 6).
4.3.2. Wet Mantle
[52] As discussed in section 2.4, the presence of water
(i.e., OH defects) dissolved in mantle rocks can significantly
enhance electrical conductivity of mantle minerals [e.g.,
Karato, 1990;Wang et al., 1999, 2006; Yoshino et al., 2009;
Poe et al., 2010]. The actual amount of water in the mantle
remains a matter of intense debate and interest, as its presence
dramatically affects mantle viscosity, a key parameter in
geodynamic convective models. There are essentially two
end‐member cases in regard to defining water content in the
mantle: (1) direct measurements of OH defects in mantle
minerals, by means of Fourier transform infrared spectros-
copy (FTIR) or secondary ionmass spectrometry (SIMS), and
(2) estimates of water storage capacity based on experiments
at high pressure under water‐saturated conditions. In the first
case it is noted that because of decompression, water can
diffuse out frommantle minerals inmantle xenoliths (i.e., into
grain boundaries space) on their way to the surface
[Demouchy, 2010]. Water diffusion out may be particularly
relevant for garnet and, to a lesser extent, for olivine
[Demouchy et al., 2006]. Therefore, measured water contents
in xenolith minerals should be regarded as lower bounds on
the true values. Conversely, water storage capacity or solu-
bility reflects the maximum possible water content that a
mineral, or an assemblage of minerals, can accommodate
within their structures without saturating or producing a
water‐rich fluid or hydrous melt at a given pressure. The
absorption of extra water into a xenolith rock due to reequi-
libration with a water saturated melt during its ascent is
possible, although unlikely [e.g., Demouchy and Mackwell,
2006]. The actual water content distribution in the mantle
must lie within the above two end‐member cases, most likely
closer to the minimum bound.
[53] Global measurements of water content in mantle
minerals typically range from dry up to 80, 200, and 400 wt
ppm for olivine, orthopyroxene, and clinopyroxene, respec-
tively [e.g., Grant et al., 2007; Peslier, 2010; Peslier et al.,
2010]. For garnet, water content varies in a wide range
from >1000 wt ppm in UHP metamorphic rocks [Xia et al.,
2005] to <20 wt ppm in peridotites and eclogites in mantle
xenoliths [Bell and Rossman, 1992]. The bulk water content
in the upper mantle, away from subduction zones or plumes,
has been estimated in 50–200 wt ppm range [Hirschmann,
2006, and references therein]. Interestingly, a recent com-
pilation of water content estimates from peridotite xenoliths
erupted in the KC shows a decrease in olivine water content
with depth, over the depth range from P = 4.5–5.0 GPa (z =
140–160 km) to P = 7.0 GPa (z = 220 km) [Peslier et al.,
2010]. At P < 3.0 GPa the olivine samples in the Kaapvaal
xenoliths seem to have lost their initial water content because
of diffusion into their host basalts [Peslier and Luhr, 2006].
For pyroxenes there also appears to be a systematic variation
of water content with pressure. Both clinopyroxene and
orthopyroxene show a minimum in their water content at
P = 2.5 GPa (z = 80 km), increasing down to 4.0–4.5 GPa
(z = 120–140 km) with a plateau at around 400 and 200 wt
ppm, respectively, at P > 4.5 GPa [Peslier, 2010]. For garnet,
measurements from peridotite and eclogite rocks in xenoliths
in the KC and RT reveal water contents <20 wt ppm in
general, whereas Cr‐poor garnet megacrysts show slightly
Table 4. Properties of the Different Crustal and Mantle Layers
Used in This Study
Layer
Densitya
(kg/m3)
Heat
Production
(mW/m3)
Thermal
Conductivityb
(W/m K)
Depth
of Basec
(km)
Upper crust RT 2780 1.5 2.7 7.2
Middle upper crust RT 2820 1.86 2.7 15.2
Midcrust RT 3020 0.7 2.5 37
Lower crust RT 3200 0.4 2.1 50
Upper crust KC 2780 1.25 2.7 6.7
Middle upper crust KC 2780 1.86 2.7 15.6
Lower crust KC 2950 0.7 2.4 37.1
Depleted lithosphere RT b 0.015 * 120
Melt‐metasomatized
lithosphere RT
c 0.02 *
Fertile uppermost
lithosphere KC
b 0.015 * 120
Highly depleted
lithosphere KC
a 0.015 * 165
Melt‐metasomatized
lithosphere KC
c 0.02 *
Sublithosphere d 0.02 * 400
aMantle densities are calculated as a function of T, P, and bulk
composition. Mantle compositions a, b, c, and d correspond to average
Kaapvaal harzburgite, average Kaapvaal low‐T lherzolite, average
Kaapvaal high‐T lherzolite, and PUM M‐S95 in Table 1, respectively.
bAn asterisk (*) indicates that the thermal conductivities in the mantle
vary with T and P.
cBlank spaces are varied depths.
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Figure 6. Dry lithospheric mantle model for (a–g) the Kaapvaal Craton at site KIM015 and (h–n) the
Rehoboth terrene at site KIM426 (see location in Figure 5). The temperature (Figures 6a and 6h), the
iron content (Figures 6b and 6i), the volume fractions (Figures 6c and 6j), and the electrical resistivity
(Figures 6d and 6k) of the mineral phases are shown. The crustal structure and the chemical stratification in
the mantle are based on previous geophysical and petrology studies (Tables 1 and 4). The predicted
topography (1.25 and 1.1 km in the KC and RT, respectively) and surface heat flow (43.3 and 49.1 mW
m−2 in the KC and RT, respectively) are compatible with the observed data (see the text for further details).
The crustal resistivity structure is derived from 1‐D Occam inversions of the MT data. In the mantle, the
resistivity distribution is computed according to the laboratory‐based mineral conductivity model of
equation (11) as a function of temperature, pressure, and composition (Table 2). Figures 6e and 6l show the
bulk resistivity of the mantle. The upper and lower Hashin‐Shtrikman (HS) bounds (red dashed lines) and
the series (upper bound) and parallel (lower bound) averages (blue solid lines) of the mineral resistivities in
Figures 6d and 6k are shown. The thermal parameters used for the crust and the lithospheric mantle are
listed in Table 4. The predicted MT responses are shown as red (HS minimum) and green (HS maximum)
lines in the top panels of Figures 6f and 6m (apparent resistivity versus period) and Figures 6g and 6n
(phase versus period). Note that given the similarities between the two responses, the HS min response
(red) is almost entirely overlain by the HS max response (green). Black points in Figures 6f, 6g, 6m, and 6n
show the observed MT responses with error bars that reflect the maximum of the data processing errors, the
Groom and Bailey decomposition model errors, and the departure from a 1‐D assumption as indicated by
differences between the TM and TE modes. The bottom panels in Figures 6f and 6m and Figures 6g and 6n
are the residuals (modeled minus observed) between the observed and modeled (geometrical average of HS
maximum and HS minimum) responses for apparent resistivity and phases, respectively.
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higher water content values of 33 wt ppm on average [Bell
and Rossman, 1992]. After filtering the samples with obvi-
ous inclusions from the KC, Peslier [2010] determined that
the water content in garnet for samples coming from P >
4.5 GPa is <1 wt ppm. Figure 7a provides a summary of the
water content distribution with depth for mantle minerals in
xenoliths from the KC.
[54] The solubility of hydrogen (i.e., the water storage
capacity) in olivine (COH
ol ) increases systematically with
increasing temperature, with increasing water fugacity and
with increasing iron content [Zhao et al., 2004]:
ColOH ¼ AfH2O exp
 DE0 þ PDV 0ð Þ þ XFe
R T
 
; ð14Þ
where A = 5.62 × 103 wt ppm/GPa, fH2O is the water
fugacity (GPa), DE0 = 50 kJ/mol, DV0 = 10 cm3/mol, g =
97 kJ/mol, and R (kJ/mol K) is the universal gas constant.
This solubility law assumes that fH2O is for pure water cal-
culated using the work of Pitzer and Sterner [1995], thus
without any participation of dissolved oxides in the vapor
phase (see Bali et al. [2008] and Ferot and Bolfan‐Casanova
[2010] for details). The water contents used in equation (14)
were determined assuming the calibration of Paterson [1982]
increased by a factor of 3.5 according to the more recent cal-
ibration of Bell et al. [2003a]. For the pyroxenes, the solubility
of hydrogen (COH
px ) can be described as the sum of (1) a term
related to the water solubility in the Al‐free pyroxenes (Co
px)
Figure 6. (continued)
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and (2) a term accounting for the water solubility coupled to
aluminum (CAl
px) [Mierdel et al., 2007]. Therefore,
CpxOH ¼ Cpx0 þ CpxAl ;
Cpx0 ¼ AfH2O exp
 DE0 þ PDV 0ð Þ
R T
 
;
CpxAl ¼ AAl fH2Oð Þ1=2exp
 DE0Al þ PDV 0Al
 	
R T
 
:
ð15Þ
The parameters fitting the Al‐free term in equation (15) have
been experimentally derived for pure enstatite (opx), A =
1.35 × 102 wt ppm/GPa, DE0 = −4.56 kJ/mol, and DV0 =
12.1 cm3/mol [Mierdel et al., 2007], and for pure diopside
(cpx), A = 1.85 × 102 wt ppm/GPa, DE0 = −11.12 kJ/mol,
and DV0 = 14.62 cm3/mol [Gavrilenko, 2008]. The Al term
has been fitted to the experimental data for opx coexisting
with the aluminous phase, either spinel or garnet, by
Mierdel et al. [2007]: AAl = 4.2 wt ppm/(GPa)1/2, DE
0
Al =
−79.685 kJ/mol, and DV0Al = 11.3 cm3/mol. The absorption
coefficients of Bell et al. [1995] were assumed to determine
the OH contents in equation (14) for cpx and opx. Using
equations (14) and (15), and assuming that the Al solubility
term for opx can be also applied for cpx, we are able predict
the OH solubility in olivine and the pyroxenes in the KC
(Figure 7b). At the relevant T, P and XFe conditions for the
study area, the olivine remains almost dry (<5 wt ppm)
down to 60 km depth. The solubility reaches 40 wt ppm
at 90 km and increases strongly at greater depths (i.e.,
>3000 wt ppm at z = 190 km). The Al‐free water solubility
of opx and cpx increases with depth to a value of 1600 and
600 wt ppm at a depths of 260 and 300 km, respectively, and
then decreases steadily. If the Al term is taken into account,
the water solubility in the pyroxenes in the uppermost mantle
is conspicuously enhanced, being greater than 3000 wt ppm
for z < 150 km. At depths > 300 km the contribution of the
Al term is small, and hence the water solubility in the pyr-
oxenes is approximately equal to that of the Al‐free term.
The solubility of OH in garnet remains controversial, par-
ticularly at P > 7 GPa. The solubility of water in natural
pyrope was studied by Lu and Keppler [1997] at T = 1000°C
and assuming the oxygen fugacity of the Ni‐NiO buffer. Lu
and Keppler give the following expression:
CgtOH ¼ A fH2Oð Þ1=2exp
 DE0 þ PDV 0ð Þ
R T
 
; ð16Þ
where A = 18.09 wt ppm/(GPa)1/2, DE0 = −14 kJ/mol,
DV0 = 5.71 cm3/mol. Note that the original value of A given
Figure 7. (a) Water content determined from xenolith measurements in the Kaapvaal after Peslier
[2010]. (b) Water solubility in the different upper mantle minerals. For the pyroxenes aluminum‐
saturated conditions are assumed (see equations (14), (15), and (16) and the text for further details). Green
triangles and diamonds are the experimental results for water solubility in garnet of Withers et al. [1998]
for T = 1000°C and Mookherjee and Karato [2010] for T = 1100°C–1200°C, respectively. The colors of
the lines in Figures 7a and 7b are as follows: red for olivine, blue for orthopyroxene, black for clin-
opyroxene, green for garnet, and gray (thick dashed) for the bulk rock. The absorption coefficients
assumed for olivine, garnet, and the pyroxenes for both the water content measurements and the solubility
models are those of Bell et al. [1995, 2003a].
FULLEA ET AL.: MANTLE ELECTRICAL CONDUCTIVITY, KAAPVAAL B10202B10202
18 of 32
Figure 8
FULLEA ET AL.: MANTLE ELECTRICAL CONDUCTIVITY, KAAPVAAL B10202B10202
19 of 32
by Lu and Keppler [1997] (67.9 wt ppm/(GPa)1/2), strictly
valid only for T = 1000°C, has been appropriately changed to
include the enthalpy of the reaction in equation (16) and,
therefore, make the formula suitable for calculations at var-
ious temperatures. The parameters in equation (16) are
computed for water contents measured using the calibration
of Bell et al. [1995]. The OH solubility in garnet, according
to equation (16) at the relevant T and P conditions in the
KC, ranges from 70 wt ppm to 190 wt ppm and is plotted in
Figure 7b. An experimental study on pyrope garnets at T =
1000°C and P = 2–13 GPa determined that, in the presence of
excess SiO2, the water solubility of garnet increases down to
5 GPa (z = 160 km) to values in excess of 1000 wt ppm, and
then decreases to below the detection limit for P > 7 GPa (z =
215 km) [Withers et al., 1998]. However, a recent study on
the solubility of pyrope‐rich garnet at T = 1100–1200°C
and P = 5–9 GPa shows water solubility values in excess of
1000 wt ppm for P > 7 GPa [Mookherjee and Karato,
2010]. The value of the solubility according to Withers
et al. [1998] is generally above that predicted by Lu and
Keppler [1997] except for z > 215 km. The experimental
results of Mookherjee and Karato [2010] indicate a higher
solubility than that of Lu and Keppler [1997] for the whole
lithospheric and sublithospheric mantle (Figure 7b). The bulk
water solubility shows a minimum of 750 wt ppm at a depth
of about 160 km. For depths >220 km, olivine becomes the
strongest potential water host because of its high water sol-
ubility in comparison with that of the pyroxenes or garnet
(Figure 7b).
[55] The water content in the uppermost mantle should be
bound on the low side by the measured water content in rock
samples, and on the high side by the water solubility, and lie
most likely close to the xenolith measurements. The reliable,
high‐quality MT broadband data used in this study provides
data at periods of <2000 s, which lack penetration to the
deep sublithospheric mantle. Therefore, the question of
whether the sublithospheric mantle is wet or dry is beyond
of the scope of this paper. The predicted MT responses are
highly dependent on the proton conduction term assumed.
In this paper we consider two proton conduction para-
meterizations based on different experimental results: PC1
and PC2 (see section 3). The electrical asthenosphere
has often been defined as a region of low resistivity, typically
5–20 Wm, and often interpreted as a region of partial melt
[e.g., Jones, 1999]. However, regardless of the proton con-
duction term assumed, our results are suggestive of relatively
dry lithospheric and sublithospheric mantle in the vicinity of
the LAB (Figures 8 and 9), which would be less prone to
melting at the relevant T and P conditions. In our preferred
models we image a region of relatively low resistivity
(minimum values of 100–300 and 20–100 Wm for the KC and
the RT, respectively) that is the result of the combination
primarily of two different factors: the temperature profile (i.e.,
the thermal LAB) and the water content variation with depth.
4.3.3. PC1 Model
[56] The water content of the different mantle minerals
derived from measurements in xenoliths [Peslier, 2010]
indicates a bulk Cw < 100 wt ppm (Figure 7a), assuming
the modal proportions for each mineral phase shown in
Figures 6c and 6j. There are no constraints from xenoliths
regarding water content in olivine for z < 120 km in the KC,
and the water solubility studies point to a rather dry
uppermost mantle olivine (i.e., < 5 wt ppm at z = 60 km; see
Figure 7b). At depths > 180 km there are no xenolith data
available to constrain the water content in any of the mantle
minerals.
[57] Interestingly, our results assuming PC1 (Figure 8)
favor models in which the uppermost, relatively depleted
lithospheric mantle is wetter than the underlying, fertile, and
melt‐metasomatized lithospheric mantle layer (Figures 8a–
8d). In particular, the lower bound of a relatively low resis-
tivity region is marked by a sudden increase of resistivity
controlled by the depth of the wet‐dry transition, zwd. This
feature is superimposed on the general trend regulated by the
temperature, i.e., the depth of the thermal boundary layer,
zLAB. Models in which the lowermost lithospheric mantle
and upper asthenospheric mantle in the vicinity of the LAB
are wet, or at least as wet as the uppermost mantle (according
to xenolith data, around 80 wt ppm bulk water concentra-
tion), predict higher phase values than present in the
observed MT responses at periods >100 s (Figure 8h) and
provide a poorer fit to the observations than the water content
model of Figure 8a.
4.3.4. PC2 Model
[58] In PC2 the electrical resistivity is less strongly
reduced by the presence of water than in PC1. If PC2 is
assumed, the water content derived from xenolith data in the
KC [Peslier, 2010] is too low to account for the observed
MT responses, and the predicted responses are very similar
to that of a dry model (Figure 6). The bulk water content
required in the lithosphere, to obtain a reasonable fit to the
observed MT data using PC2, is about 200–400 wt ppm
(Figures 9a–9d). As in the case of PC1, a model in which the
sublithospheric mantle remains as wet as the lithosphere in
the vicinity of the LAB fails to explain the observed long‐
period phase values according to PC2 (Figures 9e–9h).
Figure 8. (a and e) Resistivity and water content versus depth profiles for the Kaapvaal Craton at site KIM015 (see location
in Figure 5) for the different mantle minerals assuming the proton conduction term PC1 (equation (11) and Tables 2 and 3).
The thick gray dashed line is the bulk water content. Note that models 1 (left) and 2 (right) correspond with different water
content concentration. (b and f) Bulk resistivity depth profile including the crust. In the mantle, the upper and lower Hashin‐
Shtrikman bounds (red dashed lines) and the series (upper bound) and parallel (lower bound) averages (blue solid lines) are
shown for the mantle mineral assemblage (Figure 6c). The predicted MT responses are shown as red (HS minimum) and
green (HS maximum) lines in the top panels of Figures 8c, 8d, 8g, and 8h for (c, g) apparent resistivity versus period and
(d, h) phase versus period. Note that given the similarities between the two responses, the HS min response (red) is almost
entirely overlain by the HS max response (green). Black points represent the observed values. The bottom panels in
Figures 8c and 8g and Figures 8d and 8h are the residuals (modeled minus observed) of the apparent resistivity and phase
responses, respectively. The depth of the lithosphere‐asthenosphere boundary (LAB) is 260 km, and the predicted
topography (for local isostasy) and surface heat flow are 1250 m and 43.3 mW m−2, respectively.
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There is a conspicuous difference between the maximum
and minimum HS bounds for PC2 because the amount of
water that can be dissolved in olivine is limited by the
experimental solubility, at least in the first 100 km of the
mantle (Figure 7b). That makes olivine substantially drier,
i.e., more resistive, than the other minerals. Particularly the
pyroxenes can accommodate several hundreds wt ppm of
water in the uppermost mantle (Figure 7b). Therefore, most
of the water needs to be hosted in the pyroxenes (up to
800 wt ppm) in order to achieve the bulk water content
required to reduce the bulk resistivity and fit the MT data.
The difference between the minimum and maximum HS
bounds translates into quite different MT responses in the
case of PC2. The maximum bound (i.e., olivine accounting
for most of the bulk resistivity) is, in general, too resistive
to fit the MT data, whereas the minimum bound (essentially
controlled by orthopyroxene) fits the apparent resistivity
and phase similar to PC1 (Figures 8c, 8d, 8g, and 8h). The
geometrical average of the HS bounds would predict, in
general, too high an apparent resistivity between 10 and
100 s periods and too low a phase response around 10 s
(Figures 9c, 9d, 9h, and 9h).
4.3.5. Sensitivity Tests
[59] The predicted MT responses are sensitive to both
temperature and water content distributions with depth
whereas the predicted topography and SHF depend only on
the depth of the thermal LAB (assuming constant values for
the thermal parameters and the crustal density; Table 4). The
resistivities of the mantle mineral constituents assuming
PC1 are not very different, i.e., <1 log unit of difference
among them, except for the upper 80 km where the water
solubility in olivine is almost negligible and its resistivity is
higher than that of the rest of the minerals. Therefore, the
minimum and maximum HS bounds for the bulk resistivity
are nearly coincident for most of the depth range (Figures 8b
and 8f). Furthermore, the difference between the HS bounds
in the upper 80 km due to the dry olivine does not signifi-
cantly affect the predicted MT responses (Figures 8c, 8d, 8g,
and 8h). In Figure 10 we show a set of lithospheric models
assuming PC1 and the water content measurements from KC
mantle xenoliths (Figure 7a) that fit the measured MT
responses in the KC and RT within the error bars, whenever
possible, for different zwd and zLAB values. For our preferred
model in the KC, the thermal LAB is at a depth of 260 ±
20 km, and average predicted topography and SHF are
1250 m and 43.3 mW m−2, respectively (Figure 10a). In
regard to the depth of the wet‐dry transition, our preferred
model shows a value of 230 ± 20 km (Figure 10d). We
assume the water content derived from mantle xenoliths in
Kaapvaal as a reasonable estimate in the RT in the absence of
direct measurements in xenoliths (Figure 7a). We find that
the best fitting model in the RT, according to PC1, is char-
acterized by a thermal LAB and wet‐dry transition depth of
150 ± 10 and 155 ± 15 km, respectively, with predicted
topography and SHF values of 1100 m and 49.1 mW m−2,
respectively (Figures 10g and 10j). A variation of ±20 km
in zLAB changes the predicted topography and SHF by
±100 and ±200 m and ±0.6 and ±1.6 mW m−2 in the KC and
RT, respectively. A sensitivity test on other model para-
meters is shown in Table 5.
[60] A similar analysis for PC2 is shown in Figure 11. For
our preferred lithospheric model in the KC the LAB depth is
230 km. A thinner lithosphere (i.e., zLAB = 200 km) predicts
too high long‐period phases, and a thicker lithosphere (i.e.,
zLAB = 260 km) gives too elevated apparent resistivities
(Figures 11a–11c). The effect of water content for PC2 is
more subtle than for PC1. A bulk water content 2–4 times
higher than that derived from xenoliths (Figure 7a) yet still
within the bounds imposed by solubility (Figure 7b) is
required to fit the data (Figures 11d–11f). In the KC, models
in which Cw starts to decrease at around 170 km depth are
preferred, i.e., close to the chemical boundary between the
highly depleted and the fertile melt‐metasomatized mantle
according to xenoliths (Figures 11g–11i). The situation is
similar in the RT, where the preferred model assuming PC2
shows an LAB depth of 165 km and requires relatively high
bulk water content (few hundreds of wt ppm), as in the case
of the KC (Figures 11j–11r). Our modeling for the RT favors
models in which Cw decreases in the vicinity of the LAB,
i.e., in the depth range 140–170 km (Figures 11p–11r).
5. Discussion
[61] Dry lithospheric mantle models are unable to repro-
duce the measured MT responses in both the KC and the RT
(Figure 6). This discrepancy between lithospheric electrical
conductivity models based on experimental laboratory
studies for dry minerals and the values obtained from MT
and deep geomagnetic soundings has been described by
several authors for different regions [e.g., Lizarralde et al.,
1995; Gatzemeier and Moorkamp, 2005; Kelbert et al.,
2009; Evans et al., 2011]. Excluding other possible factors
(e.g., partial melt or interconnected highly conductive pha-
ses), the presence of some amount of water in the litho-
spheric‐mantle can reasonably explain the observed MT
data in the Precambrian terranes analyzed here. The amount
of water required to fit the observations varies depending on
the proton conduction model considered and is close to
measurements made on xenoliths [e.g., Peslier et al., 2010]
in the case of PC1 (Figure 8a).
[62] Thermobarometry data from mantle xenoliths offer us
information about the paleothermal and compositional
structure of the mantle at the time of their entrainment in the
Figure 9. (a and e) Resistivity and water content versus depth profiles for the Kaapvaal Craton at site KIM015 (see location
in Figure 5) for the different mantle minerals assuming the proton conduction term PC2 (equation (11) and Tables 2 and 3).
The thick gray dotted line is the bulk water content. Note that models 1 (left) and 2 (right) correspond with different water
content concentration. (b and f) Bulk resistivity depth profile including the crust. In the mantle, the upper and lower Hashin‐
Shtrikman bounds (red dashed lines) and the series (upper bound) and parallel (lower bound) averages (blue solid lines) are
shown for the mantle mineral assemblage (Figure 6c). The predicted MT responses are shown as red (HS minimum) and
green (HS maximum) lines in the top panels of Figures 9c, 9d, 9g, and 9h for (c and g) apparent resistivity versus period
and (d and h) phase versus period. Black points represent the observed values. The bottom panels in Figures 9c and 9g and
Figures 9d and 9h are the residuals (modeled minus observed) of the apparent resistivity and phase responses, respectively.
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host magma. These conditions do not coincide necessarily
with the present‐day structure, as imaged by geophysical
studies. The kimberlites from groups II and I in the KC define,
assuming steady state thermal conditions, paleogeotherms
characterized by thermal LAB depths of 250–260 and 200–
220 km at 120 and 90 Ma, respectively [Griffin et al., 2003]
(Figure 12). From a compositional point of view, the lower-
most portion of the highly depleted layer, below about
165 km depth, was melt‐metasomatized and replaced by (or
enriched to form) more fertile lithospheric mantle (including
many sheared lherzolites) because of a thermal or magmatic
event that took place between circa 120 and 90 Ma [Griffin
et al., 2003; Kobussen et al., 2008]. This process was
accompanied by significant metasomatism in the depleted
mantle induced by infiltrating fluid‐rich magmas: xenoliths
from younger group I kimberlites sample a layer (<165 km
depth) of depleted harzburgites and lherzolites with common
inclusions of hydrous phases like phlogopite and amphibole,
and a shallow uppermost mantle (<120 km) dominated
by more fertile phlogopite‐bearing lherzolites [Griffin et al.,
2003]. Regardless of the proton conduction model assumed,
our results suggest that the uppermost depleted part of the
lithosphere contains more water that the lowermost melt‐
metasomatized and refertilized lithosphere. Furthermore, the
depth of the electrical LAB, if it were to be interpreted as
corresponding with the cusp observed in the resistivity depth
profiles for wet‐dry models, is controlled by the distribution
of water within the lithosphere, and the absolute value of the
resistivity profile is determined by water content and tem-
perature (i.e., the depth of the thermal LAB). For models in
which the upper and lower lithospheric mantle are either both
wet or dry, the electrical LAB, if interpreted as the depth at
which the transition to a low‐resistivity gradient occurs,
would correspond with the thermal LAB.
[63] Our results in the KC favor a thermal LAB depth of
230–260 km with a progressively dryer melt‐metasomatized
layer (>165 km) below a rehydrated and metasomatized
depleted mantle layer (Figure 12). The question of whether
or not the sublithospheric mantle below the KC and RT
remains dry cannot be resolved in this work because of the
lack of very long period MT data that are required for deeper
penetration. The lithospheric thickness in the KC derived in
this study is compatible, within error, with previous geo-
physical studies: body wave tomography, surface waves and
S wave receiver functions [e.g., Zhao et al., 1999; Fouch et
al., 2004; Freybourger et al., 2001; Chevrot and Zhao
2007] and 2‐D MT modeling [Muller et al., 2009; Evans
et al., 2011] studies. The ∼250 km depth thermal LAB
differs significantly from the petrological LAB as defined by
the base of a depleted mantle layer (∼165 km) which might
represent an upper level of melt penetration and accumula-
tion within the lower lithosphere [O’Reilly and Griffin,
2010].
[64] Similar results regarding the water content of the
cratonic lithosphere in the Archean Superior Province
(Canadian Shield) were obtained by Hirth et al. [2000] on
the basis of a comparison of conductivity‐depth profiles
derived from MT and geomagnetic soundings, and predicted
by laboratory results. Their conclusion was that cratonic
lithosphere is well described by dry olivine conductivity in
the depth range of 150–250 km. In regard to the KC, the
resolution tests carried out by Evans et al. [2011] on
SAMTEX data concluded that 2‐D MT modeling alone is
not sufficient to discriminate between dry and slightly wet
lowermost lithospheric mantle in that terrane. In contrast,
the oceanic lithosphere beneath the northeastern Pacific was
proposed to be relatively wet (at least 100 wt ppm) at depths
of 200 km according to long‐period MT data [Lizarralde
et al., 1995]. One of the main potential consequences of a
dry cratonic lower lithospheric mantle, as imaged in our
models, is that mantle viscosity is dramatically increased
with respect to the possibly wetter and warmer surrounding
mantle at similar depths. That, in turn, would prevent the
cold, depleted and viscous cratonic roots from being
eroded by convection processes over long‐term geological
time scales [e.g., Li et al., 2008]. The present‐day geo-
therm in the KC arising from our modeling (thermal LAB
∼245 km) is slightly colder than the paleogeotherm sampled
by xenoliths at 90 Ma, yet warmer that the 120 Ma paleo-
geotherm (Figure 12). This may be suggestive of a thermal
relaxation process by which the lithospheric mantle in the
KC would be recovering its earlier geotherm (as sampled by
Figure 10. Sensitivity tests for the MT data for (a–f) the Kaapvaal Craton at site KIM015 and (g–l) the Rehoboth Terrane at
site KIM426 (see location in Figure 5) assuming the proton conduction model PC1 (equation (11) and Tables 2 and 3). Bulk
resistivity depth profile including the crust (Figures 10a, 10d, 10g, and 10j). In the mantle, the upper and lower Hashin‐
Shtrikman bounds of the mantle mineral resistivity are shown. In Figures 10a and 10g the colors correspond to different LAB
depth values: red is 230 km (Figure 10a) and 140 km (Figure 10g), black is 260 km (Figure 10a) and 150 km (Figure 10g),
and green is 290 km (Figure 10a) and 160 km (Figure 10g). The black dashed line is the bulk water content. Figures 10d
and 10j are the same as Figures 10a and 10g, but the colors show different water content distributions with depth. The predicted
apparent resistivity (Figures 10b, 10e, 10h, and 10k) and phase (Figures 10c, 10f, 10i, and 10l) for the geometrical average of
the Hashin‐Shtrikman bounds of the resistivity profiles in Figures 10a, 10d, 10g, and 10j are also shown in Figures 10b, 10c,
10e, 10f, 10h, 10i, 10k, and 10l. Black points in Figures 10b, 10c, 10e, 10f, 10h, 10i, 10k, and 10l represent the observed values
with the associated error bars as described in Figure 6. The colors in Figures 10b, 10c, 10e, 10f, 10h, 10i, 10k, and 10l represent
the MT responses for the different resistivity depth profiles in Figures 10a, 10c, 10g, and 10j.
Table 5. Sensitivity of the Calculated Topography and Surface
Heat Flow (SHF) to Model Parametersa
Kaapvaal Craton Rehoboth Terrane
DEcalc
(m)
DSHFcalc
(mW m−2)
DEcalc
(m)
DSHFcalc
(mW m−2)
DAc = ±0.15 mW m
−3 ±100 ±3.1 ±60 ±3.3
Drc = ±35 kg m−3 ±425 ‐ ±550 ‐
Dzc = ±2 km ±300 ±0.3 ±70 ±0.1
DzLAB = ±20 km ±130 ±0.6 ±200 ±1.6
aEcalc and SHFcalc are the predicted topography and SHF, respectively.
Ac is the crustal heat production, rc is the average crustal density, and zc
and zLAB are the Moho and thermal lithosphere‐asthenosphere boundary
depths, respectively.
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group II xenoliths at 120Ma) after the significant perturbation
caused by the Mesozoic thermal or magmatic event that took
place between the eruptions of the earlier group II and later
group I kimberlites (reflected in the hotter geotherm recorded
in group I xenoliths). Such a thermal or magmatic event,
whatever its nature, may therefore not have eroded the base of
the lithosphere but merely changed its temperature (tempo-
rarily) and composition (permanently) because of magmatic
(lowermost lithosphere) and metasomatic (depleted and
uppermost lithosphere) processes.
6. Conclusions
[65] In this paper we have carefully and systematically
reviewed state‐of‐the‐art laboratory studies of the electrical
conductivity of the main mantle mineral constituents. Tem-
perature and water content are the most important parameters
controlling the electrical conductivity of mantle minerals.
Iron content and pressure are of secondary importance.
[66] On the basis of a thorough review of the available
experimental results we have defined a bulk conductivity
model for the upper mantle which accounts for temperature,
pressure and compositional (i.e., water content and XFe)
variations. Different averaging schemes not requiring any
assumptions regarding the mineral phase geometry were
considered for determining the bulk conductivity of mantle
rocks. The bulk electrical conductivity model of the upper
mantle has been integrated into the software package LitMod,
which allows for petrological and geophysical modeling of
the lithosphere and sublithospheric upper mantle within an
internally consistent petrological‐geophysical framework.
[67] We have modeled the lithospheric structure in the KC
and the RT Precambrian terranes using MT, topography,
SHF and xenolith data. Our results suggest that for the two
terranes the uppermost depleted part of the lithosphere con-
tains more water that the lowermost melt‐metasomatized and
refertilized lithosphere. The depth of the electrical LAB, as
defined by a zone of relatively low resistivity and the cusp in
Figure 11. Sensitivity tests for the MT data for (a–i) the Kaapvaal Craton at site KIM015 and (j–r) the Rehoboth Terrane
at site KIM426 (see location in Figure 5) assuming the proton conduction model PC2 (equation (11) and Tables 2 and 3).
Bulk resistivity depth profile including the crust (Figures 11a and 11j). In the mantle, the upper and lower Hashin‐
Shtrikman bounds of the mantle mineral resistivity are shown. The colors correspond to different LAB depth values: red is
200 km (Figure 11a) and 150 km (Figure 11j), black is 230 km (Figure 11a) and 165 km (Figure 11j), and green is 260 km
(Figure 11a) and 180 km (Figure 11j). The black dashed line is the bulk water content. Figures 11d, 11g, 11m, and 11p are
the same as Figures 11a and 11j but the colors show different water content distributions with depth. The predicted apparent
resistivity (Figures 11b, 11e, 11h, 11k, 11n, and 11q) and phase (Figures 11c, 11f, 11i, 11l, 11o, and 11r) for the geo-
metrical average of the Hashin‐Shtrikman bounds of the resistivity profiles in Figures 11a, 11d, 11g, 11j, 11m, and 11p are
also shown. Black points in Figures 11b, 11c, 11e, 11f, 11h, 11i, 11k, 11l, 11n, 11o, 11q, and 11r represent the observed
values with the associated error bars as described in Figure 6. The colors in Figures 11b, 11c, 11e, 11f, 11h, 11i, 11k, 11l,
11n, 11o, 11q, and 11r represent the MT responses for the different resistivity depth profiles in Figures 11a, 11d, 11g, 11j,
11m, and 11p.
Figure 12. Lithospheric mantle chemical structure in SW Kaapvaal derived from (a) group II kimberlites
(>110 Ma) and (b) group I kimberlites (<90 Ma) [after Griffin et al., 2003]. (c) Black line is the calculated
geotherm for our preferred model with a thermal LAB depth of 245 km; the red and blue dashed lines are
the paleogeotherms for group I and II kimberlites, respectively. Paleogeotherms are determined for
peridotitic garnets assuming the Ni thermometer as described by Griffin et al. [2003]. (d) Density profile
for our preferred model with a thermal LAB of 245 km. (e) Resistivity (blue solid lines, minimum and
maximum HS bounds) and water content (gray dashed line) profiles for our preferred model assuming the
proton conduction model PC1 (equation (11) and Tables 2 and 3).
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the resistivity‐depth profile, is controlled by the distribution
of water within the lithosphere, and the absolute value of the
resistivity profile is determined by both water content and the
depth of the thermal LAB. In the case of the KC our estimate
of the present‐day thermal LAB (230–260 km) suggests a
somewhat colder geotherm with respect to that derived from
group I kimberlites (circa 90 Ma). We interpret this differ-
ence as the result of thermal relaxation after the major
Mesozoic thermal/magmatic event that took place between
the eruptions of earlier group II and later group I kimberlites
that would not have removed the lowermost part of the
cratonic root. For the RT our preferred model shows a
thermal LAB and wet‐dry transition depth of 150 ± 10 and
155 ± 15 km, respectively.
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